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A B S T R A C T

A new reference model is presented for the spherically-averaged profiles of elasticity, density and attenuation,
which reflect the bulk composition, temperature profile and dominant processes of the Earth’s heterogeneous
interior. This study discusses the features of REM1D and geological interpretations while the underlying
modeling concepts and reference datasets are described in a companion manuscript. All physical parameters in
REM1D vary smoothly between the Mohorovičić and 410-km discontinuity, thereby excluding the 220-km
discontinuity in earlier models. REM1D predicts arrival times of major body-wave phases in agreement (±0.8
s, normalized misfit ψpb ≤ 0.25 s) with widely used but theoretically incomplete isotropic models optimized for
earthquake location. Substantial radial anisotropy is present only in the shallowest mantle (~250 km) with peak
values of shear-wave (aS = 3.90 %, ξ = 1.08) and compressional-wave anisotropy (aP = 3.78 %, ϕ = 0.93)
between ~125–150 km, consistent with textures that can form by the alignment of intrinsically anisotropic
minerals in this deforming region. The upper mantle (24.4–410 km) is the most dissipative region with a finite
bulk attenuation (Qκ ∼ 386) and strong shear attenuation (Qμ ∼ 60–80) that peaks at a depth of ~150–175 km in
the mechanically weak asthenosphere. An olivine-rich pyrolitic composition is broadly consistent with REM1D
structure in the upper mantle and extended transition zone (≲ 800 km) with step changes across the 410-km and
650-km discontinuities. Features of the lower mantle can be reconciled with: (i) effects of thermally driven
convection throughout the central lower mantle (771–2741 km) leading to an apparent subadiabaticity in the
stratification parameter ηB, (ii) effects of spin transitions in iron-bearing minerals that manifest as distinct linear
segments in modulus and Poisson’s ratios (μ/κ, σP) on either side of a complex transition region (~1300–1700
km, 52–73 GPa), (iii) a thermal boundary layer with steeper superadiabatic gradients than near the surface,
which ultimately exceed the critical gradients for both vP and vS (but not for density ρ) at a depth of 2741 km,
and (iv) chemical stratification in the bottom ~500–750 km of the mantle that acts to suppress the thermal
effects. Signatures of this thermo-chemical boundary layer are: (i) a gradual increase of density and steep positive
gradients with depth (dρ/dz) in the lower mantle, (ii) large values of the stratification parameter (ηB > 1.03)
followed by an abrupt reduction to values below one near the core-mantle boundary (CMB), (iii) variations in
bulk modulus with pressure κʹ = dκ/dp that are inconsistent with Equations of state (EoS) expectations of a
uniform composition, (iv) very steep negative vP and vS gradients that form a low-velocity zone in the Dʹ́ region.
The vP and ρ variations in the outer core have steep gradients and the derivative properties are consistent with a
neutrally stable region comprising a well-mixed iron alloy undergoing adiabatic compression (ηB ≃ 1, N2 ≃ 0,
negative κʹ́ ). REM1D is readily extendable due to its modular construction and represents the average physical
properties, features essential for geological interpretations and the construction of a three-dimensional reference
Earth model.

1. Introduction

Radial reference models describe Earth structure in terms of average
elastic, anelastic and density variations, features indicative of the bulk

composition and dominant processes within the Earth’s interior. Clas-
sical one-dimensional (1D) models like the preliminary reference Earth
model (PREM; Dziewoński and Anderson, 1981) serve as the critical
baseline in a plethora of geophysical, geodetic, geochemical and
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petrological applications. Recent emphasis in global seismic imaging has
been on quantifying the strength and extent of regional deviations away
from the bulk Earth structure. Seismological heterogeneity affords
constraints on intrinsic properties like temperature or composition and
has implications for dynamic flow, rheology, grain size or crystal
structure. Full heterogeneity in seismic properties can be imaged with
three-dimensional (3D) tomographic models (e.g. Ritsema et al., 2011;
Moulik and Ekström, 2014; French and Romanowicz, 2014; Bozdağ
et al., 2016), which have reached a strong enough similarity to warrant
the construction of a 3D reference Earth model (e.g. REM3D; Moulik
et al., 2022). A key ingredient for REM3D construction is a new 1D
reference model, which can represent the spherical average of Earth’s
heterogeneity and serve as an accurate baseline or starting model. Based
on methodological advancements and expanded datasets, there is broad
consensus on the need to update the preliminary information contained
in PREM. Due to the recent focus on full 3D heterogeneity, it is often
assumed that the ostensibly simpler average 1D structure is already
known. However, several aspects of radial variations remain debated
and geological interpretations motivate the construction of a new radial
reference Earth model.

Bulk chemical composition of various principal regions in the Earth’s
interior informs our understanding of planetary-scale processes such as
the accretion and evolution of the crust, mantle and core through dif-
ferentiation and plate tectonics. Pyrolite is a candidate mineral assem-
blage dominated by olivine (~60 %) and orthopyroxene similar in
composition to a fertile peridotite (Ringwood, 1966, 1975; Green and
Ringwood, 1967; McDonough et al., 1995), which is used widely as the
default mantle composition in dynamical simulations (e.g. Nakagawa
and Tackley, 2005), rheological modeling (e.g. Hirth and Kohlstedt,
1996) and seismic interpretations (e.g. Weidner, 1985; Gaherty et al.,
1999b; Matas et al., 2007). The pyrolitic model has been successful in
explaining several observations in the shallowest mantle such as re-
lationships between the chemistry of mid-ocean ridge basalts (MORB)
upon partial melting, mantle temperature, ridge height and crustal
thicknesses (e.g. Klein and Langmuir, 1987; McKenzie and Bickle, 1988;
Workman and Hart, 2005). The different isotopic signatures of MORBs
and ocean-island basalts (OIBs) provide compelling evidence for
geochemically distinct yet accessible reservoirs in the deep mantle that
may differ in bulk composition (e.g. Zindler and Hart, 1986; Kellogg
et al., 1999; Hofmann, 2003). Revised estimates of average seismic
properties are critical for calibrating the bulk composition in mineral-
ogical models and dynamic simulations.

Radial variations in elastic properties and density with abrupt
changes across seismically detected discontinuities provide important
constraints on the current thermo-chemical state (e.g. Weidner and
Wang, 2000; Faul and Jackson, 2005; Hirose et al., 2013) and dynamics
of mass and heat transport in the Earth’s deep interior (e.g. Christensen
and Yuen, 1985; Jeanloz and Knittle, 1989; Tackley et al., 1993). A well-
mixed, vigorously convecting domain with homogeneous composition
undergoing self-compression along an arbitrary temperature adiabat
may serve as a good starting approximation in large portions of the
Earth’s interior (e.g. Williamson and Adams, 1923; Jarvis and Mckenzie,
2006). Equations of state (EoS), which are used to calculate the elastic
and thermodynamic properties of minerals at high pressure and tem-
perature conditions (e.g. bulk modulus κ and its pressure derivative κʹ =
dκ/dp), are valid for an adiabatic region of uniform composition. EoS for
various bulk compositions calibrated against radial reference models
can be extrapolated to extreme conditions beyond that of the Earth’s
interior (e.g. p≫ 364 GPa), which are pertinent to the emerging studies
of rocky and potentially habitable exoplanets called Super-Earths (e.g.
Duffy et al., 2005; Seager, 2013; Boujibar et al., 2020; Kraus et al.,
2022). Elastic and density structure from radial models such as PREM
have been used with available EoS data to argue for a silicate mantle, an
inner core composed of a crystalline phase of iron with some light ele-
ments, and a liquid outer core comprising additional lighter alloying
elements (e.g. C, H, S, Si, or O; Birch, 1952, 1964; Jephcoat and Olson,

1987; Hirose et al., 2021).
However, the homogeneity assumption is violated when the chemi-

cal composition is variable while the adiabicity assumption is violated in
regions internally heated by radioactive decay or when thermal
boundary layers form to facilitate secular cooling (e.g. Jeanloz and
Morris, 1987; Parmentier et al., 1994; Bunge et al., 2001; Monnereau
and Yuen, 2002). Inhomogeneity can even arise in regions with a pur-
portedly fixed bulk chemical composition due to the phase transitions of
constituent minerals. For example, both ab initio calculations and labo-
ratory experiments detect a phase transition from MgSiO3-perovskite
(Pv) to post-perovskite (pPv) (e.g. Murakami et al., 2004; Oganov and
Ono, 2004; Tsuchiya et al., 2004) and a transition in the electronic spin
state of iron in bridgmanite [(Mg,Fe)SiO3-perovskite] and ferropericlase
[(Mg,Fe)O] under lower-mantle conditions (e.g. Badro et al., 2003;
Tsuchiya et al., 2006; Wentzcovitch et al., 2010; Badro, 2014). Since the
pressure of a phase transition generally depends on temperature via the
Clausius–Clapeyron equation, average depth of a discontinuity in seis-
mological studies anchors the adiabatic geotherm (e.g. Stixrude and
Lithgow-Bertelloni, 2011). A thermal boundary layer with super-
adiabatic gradients needs to exist in the lowermost mantle to facilitate
the transfer of heat from the core (e.g. Stacey and Loper, 1983; Lay et al.,
2008; Frost et al., 2022). Regional or even global departures from a
homogeneous pyrolitic composition and adiabatic gradients have been
proposed in the mantle transition zone and the lower mantle (e.g.
Jeanloz and Richter, 1979; Mattern et al., 2005; Cobden et al., 2009).
Thermo-chemical heterogeneity has been detected in the lowermost
mantle based on full spectrum tomography (FST; Moulik and Ekström,
2016), which can manifest as signatures of chemical stratification in
radial models if the heterogeneity is strong and pervasive. Departures
from a state of adiabaticity and homogeneity can be probed seismo-
logically using absolute density and velocity variations (e.g. Karato and
Karki, 2001), or diagnostics like κʹ (Bullen, 1949; Stevenson, 1980),
modulus ratio (i.e. μ/κ, where μ is the shear modulus; Falzone and Sta-
cey, 1980; Burakovsky et al., 2004; Kennett, 2021), and the stratification
parameter (ηB; Bullen, 1963). Any anomalous signatures can afford in-
sights into temperature gradients, heat flux, thermal history, phase or
spin transitions, pervasive anisotropy, thermal boundary layers, chem-
ical stratification and compositional heterogeneity.

Properties of the mantle transition zone (410–650 km depth) are of
particular geological interest since they are strongly sensitive to bulk
composition and influence the flow of material between the upper and
lower mantle. While some body-wave studies have reported the conti-
nuity of slabs down to the lowermost mantle suggestive of whole-mantle
convection (e.g. Grand et al., 1997; van der Hilst et al., 1997), recent
studies have shown an accumulation of subducted material in the
transition zone and horizontal flattening of the slabs using body waves
(Fukao and Obayashi, 2013) and the full spectrum of seismological
observations (~1–3200 s; Moulik and Ekström, 2014). Abrupt step
changes in physical properties across the transition zone have been
attributed to the phase transition of olivine [(Mg,Fe)2SiO4], the primary
component of pyrolite, to its high-pressure polymorphs wadsleyite (410
km, α→β) and ringwoodite (550 km, β→γ), followed by the dissociation
(650 km, γ→pv+ pc) of ringwoodite into bridgmanite and ferropericlase
(e.g. Ringwood, 1975; Liu, 1979; Jackson, 1983). Based on discrep-
ancies between seismological models and mineralogical predictions of
pyrolite in the transition zone, other compositional models such as
piclogite enriched in eclogitic components (< 40 % olivine) have been
invoked (e.g. Bass and Anderson, 1984). Most geodynamic models favor
a phase transition in a homogeneous mantle at the depth of ~650 km
while some geochemical studies favor a chemical discontinuity (e.g.
Hofmann, 1997). For a pyrolitic composition, discrepancies between
mineralogical and seismological estimates may not be large for the 650-
km discontinuity (Yu et al., 2008; Wentzcovitch et al., 2010). Thermo-
chemical interpretations in this region will benefit from new seismo-
logical estimates of absolute physical properties including the step
changes across discontinuities.
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Seismological studies differ in the treatment of intrinsic attenuation,
or the lack thereof, during the construction of radial reference models. A
few studies account for the effects of physical dispersion on body-wave
arrival times without solving explicitly for the radial variations in
intrinsic attenuation (e.g. Kennett et al., 1995; Kustowski et al., 2008).
These approximations are often needed to reduce complexity of the in-
verse problem given the greater uncertainty in measurements of atten-
uation than of wave speeds (Dahlen, 1982). However, it is clear that the
elastic and anelastic responses in the solid Earth manifest jointly
through attenuation and dispersion of seismic waves and are best treated
jointly in inversions (e.g. Randall, 1976; Liu et al., 1976; Hart et al.,
1977; Dahlen and Tromp, 1998; Moulik and Ekström, 2025). Further-
more, joint analyses of elastic parameters and attenuation inform in-
terpretations on intrinsic variables such as temperature T, pressure p,
grain size d, chemical composition C, melt fraction and crystal structure
(e.g. Faul and Jackson, 2005; McCarthy et al., 2011; Priestley and
McKenzie, 2013; Olugboji et al., 2013; Abers et al., 2014) and their
dynamic evolution (e.g. Tackley, 2012; Dannberg et al., 2017). PREM
was the first radial model to constrain the elastic and anelastic structure
simultaneously. Elastic properties from PREM are often assumed a priori
while constructing models of seismic attenuation (e.g. Widmer et al.,
1991; Durek and Ekström, 1996). Even though physical dispersion
intricately links the elastic and attenuation properties, most studies
since PREM have modeled them in isolation, leading to biased estimates
of structure (Moulik and Ekström, 2025).

The mechanism of attenuation in seismic waves is attributed largely

to shear friction
(

∝Q− 1
μ

)
rather than to bulk dissipation (∝Q− 1

κ ) in the

Earth (Heinz et al., 1982). Ratio of bulk to shear dissipation (Rq =

Q− 1
κ /Q− 1

μ = Qμ/Qκ) is diagnostic of various solid-state mechanisms and
the presence of fluids or partial melt (e.g. Anderson, 1980; Budiansky
et al., 1983). Several generations of models agree broadly on features
like a highly attenuating (low Qμ) asthenosphere although details such
as the location of peak attenuation remain debated (e.g Anderson and
Hart, 1978; Sailor and Dziewonski, 1978; Dziewoński and Anderson,
1981; Widmer et al., 1991; Selby and Woodhouse, 2002). Although low
values of shear attenuation in the transition zone could be indicative of
water enrichment (e.g. ~0.1 wt%, Karato, 2011), most global studies
report an increase in Qμ from the upper mantle to the transition zone (e.
g. Widmer et al., 1991; Durek and Ekström, 1996). While a finite bulk
dissipation is needed to fit the observed decay of radial normal modes,
strength and location of this feature is debated with estimates ranging
from asthenosphere to the inner core (Dziewoński and Anderson, 1981;
Durek and Ekström, 1995). Normal-mode studies report either a con-
stant Qμ in the lower mantle (Dziewoński and Anderson, 1981) or a
slight decrease with depth (e.g. Widmer et al., 1991). A few studies of
body-wave (e.g. ScS-S) spectra have reported an increase in Qμ in the
lowermost 1000 km of the mantle (e.g. Lawrence and Wysession, 2006;
Durand et al., 2013). These apparent discrepancies between normal-
mode and body-wave studies are sometimes used to invoke a fre-
quency dependence (Q− 1(f) ∝ f − αQ ) of attenuation (e.g. Hwang and
Ritsema, 2011), which is typically observed in mineral assemblages
under experimental conditions (e.g. αQ = 0.2–0.4; Jackson and Faul,
2010) and is attributed to the mechanism of diffusionally accommo-
dated grain boundary sliding (e.g. Raj, 1975). Joint modeling of elastic
and anelastic structure can help identify the dominant dissipation
mechanisms that are active in various regions at seismic frequencies
(~0.3 mHz – 1 Hz).

Accurate estimates of average radial anisotropy in the mantle are
critical for geological interpretations. To first order, anisotropy in the
uppermost mantle could be caused by flow alignment of olivine, the
major component of pyrolite, under dislocation creep (e.g. Nicolas and
Christensen, 1987). Convection in the upper mantle can therefore be
constrained with seismology by modeling the textures formed by lattice-
preferred orientation (LPO) of these intrinsically anisotropic grains (e.g.

Mainprice, 2007). This mechanism is likely to be most active in material
undergoing shear strain, such as from the relative motion between
lithospheric plates and the underlying mantle in oceanic basins (e.g.
Montagner, 1998). Since LPO-style textures are formed by the domi-
nance of dislocation rather than diffusion creep, amplitudes of seismic
anisotropy also help constrain mantle rheology through flow laws (e.g.
Karato, 1992; Karato, 1998; Gaherty and Jordan, 1995). In contrast to
flow-based anisotropy arising from the strain fields of recent mantle
convection (10 to 100 Ma timescale), anisotropy can also be frozen due
to past strain fields and tectonic episodes (100 Ma to 1 Ga timescale).
Layers and cracks with different isotropic velocities or aligned pockets of
melt can cause the shape-preferred-orientation (SPO) style of anisot-
ropy, which is possible in the crust and mantle lithosphere of localized
regions (e.g. Schlue and Knopoff, 1976; Holtzman et al., 2003; Kawa-
katsu et al., 2009). Radial anisotropy can therefore aid global in-
terpretations of composition, rheology, tectonic history, and deviatoric
stresses or strain fields in geodynamic modeling.

Seismological models are yet to reach a consensus on the distribution
and strength of average anisotropy in the Earth. Shear-wave anisotropy
in PREM is strongest at the Mohorovičić discontinuity (hereafter Moho)
with ~5 % vSH > vSV and decreases monotonically to zero at the 220-km
discontinuity. Bulk anisotropy in the mantle lithosphere (24.4–80 km) is
strongly discrepant across various studies with values ranging from
almost zero in STW105 (Kustowski et al., 2008) to 3–4.5 % in PREM.
Some regional studies of oceanic basins argue for a weakly anisotropic
lithosphere underlain by a highly anisotropic asthenosphere (e.g Maggi
et al., 2006; Beghein et al., 2014) while local studies have reported
strong anisotropy in the mantle lithosphere (e.g. Lin et al., 2016). Recent
tomographic studies have reported strong radial anisotropy in the
oceanic upper mantle although the strength of anisotropy peaks at
asthenospheric depths (~120–150 km) instead of at the Moho in PREM
(e.g. Kustowski et al., 2008; Moulik and Ekström, 2014; French and
Romanowicz, 2014; Chang et al., 2015). In deeper regions, there is no
agreement on pervasive anisotropy although some studies have pro-
posed shear-wave anisotropy (vSV > vSH) between 300 and 400 km
(Montagner and Anderson, 1989b; Montagner and Kennett, 1996) and
compressional-wave anisotropy (vPV > vPH) in the inner core (Lythgoe
and Deuss, 2015). The disagreement between models in the transition
zone is not only on the amplitude but also on the sign of shear-wave
anisotropy. Montagner and Kennett (1996) reported vSH > vSV in the
transition zone with body-wave and normal-mode data while other
studies have reported either vSV > vSH (e.g. Visser et al., 2008) or
negligible anisotropy (e.g. Beghein et al., 2006). A few three-
dimensional studies have also reported a pervasive feature with vSH >

vSV in the lowermost mantle (e.g. Montagner and Kennett, 1996;
Panning and Romanowicz, 2004). The strength and extent of radial
anisotropy remains debated since it is a subtle signal that needs to be
constrained using multiple datasets to avoid inter-parameter tradeoffs
(e.g. Moulik and Ekström, 2014), while accounting for the non-linear
effects of the crust on wave propagation (Moulik and Ekström, 2025).

Our approach on geological interpretations is predicated on the
detection of structural features that improve the fits to reference datasets
and are not dictated by prior information. While we utilize petrological
and mineral physical constraints in our starting model, parameterization
and regularization, all physical parameters are allowed to evolve in our
iterative inversions based on data fits (Moulik and Ekström, 2025).
Other studies often prescribe an EoS formulation, bulk chemical
composition, kinetics of phase transformations or scaling relationships
between physical parameters (e.g. Cammarano et al., 2005; Khan et al.,
2008; Durand et al., 2012; Afonso et al., 2013; Irving et al., 2018).
Alternatively, Moulik and Ekström (2025) demonstrated that adjusting
the polynomial parameterization and regularization of solely seismo-
logical properties is sufficient to match expectations from mineral
physics (e.g. on κʹ and ηB) without deteriorating the fits to reference
datasets. No interpretative assumptions on the EoS formulation (e.g.
Birch, 1947; Vinet et al., 1987; Stacey, 1995) or estimates of molar mass,
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Table 1
Principal regions in the Earth. The reference model REM1D is expressed as a linear combination of various basis functions: 7 evenly-spaced cubic B-splines (s1-s7),
polynomial terms (x2, x3, x4), and values at the top (t) and bottom (b) of a region. The splines are numbered from the bottom to the top of the upper mantle. Expressions
for all basis functions (Bt ,Bb,Bx2− 4 ,Bs1− 7 ) are provided in Appendix A of Paper I in terms of the normalized radius (i.e. r = 1 at R= 6371 km). When a physical parameter
is uniform throughout a region, the value is specified (e.g. vS=0 in the outer core) in lieu of an expression in terms of basis functions (e.g. vS=0b + 0 t). REM1D is
isotropic (vP=vPH=vPV , vS=vSH=vSV , η=1, cf. eq. 6) everywhere except the upper mantle. A value of Qκ = 88,888 in our calculations represents ∞ within numerical
precision. Values in the upper crust are extended to the surface and ocean is removed when calculating body-wave travel times (e.g. Figs. 8 and 9). The elastic pa-
rameters listed below are valid at a reference period of 1 s; values at other periods can be calculated using eq. 8 (e.g. Fig. 11). Supplementary Table S7 lists the physical
properties evaluated from the coefficients below in 750 concentric layers/shells inside the Earth.

Region
Abbreviation

Depth (km) Radius (km) Density (g
cm− 3)

vP (km s− 1) vS (km s− 1) 1/Qμ 1/Qκ η

inner core
[ICO]

5156–6371 0–1215 13.09162 b 11.24981 b 3.65706 b 1/89.54 1/
88888

1

12.76742 t 11.01525 t 3.49062 t

− 8.95642 x2 − 6.44945 x2 − 4.57628 x2

0.22073 x3

outer core
[OCO]

2891–5156 1215–3480 12.16715 b 10.35230 b 0 0 1/
88888

1

9.89574 t 8.02182 t

− 10.16263 x2 − 2.25876 x2

7.20974 x3 − 8.21972 x3

− 9.14712 x4

Dʹ́

[DPP]
2741–2891 3480–3630 5.58518 b 13.63723 b 7.18664 b 1/348.83 1/

28596
1

5.50958 t 13.66946 t 7.25359 t

5.15747 x2 6.85977 x2 8.95909 x2

− 2.90209 x3 − 4.10097 x3 − 5.35213 x3

central lower
mantle [CLM]

771
2741

3630–5600 5.50958 b 13.66946 b 7.25359 b 1/348.83 1/
28596

1

4.42566 t 11.07017 t 6.21181 t

5.15747 x2 50.54766 x2 35.88441 x2

− 2.90209 x3 − 26.03250 x3 − 18.11583 x3

upper lower
mantle [ULM]

650–771 5600–5721 4.42566 b 11.07017 b 6.21181 b 1/348.83 1/
28596

1

4.27497 t 10.64552 t 5.93161 t

− 0.94075 x2 − 15.46104 x2 − 9.43004 x2

0.38599 x3 5.73330 x3 3.53809 x3

transition zone
[TZO]

410–650 5721–5961 4.05516 b 10.38457 b 5.57002 b 5.18498e-3 1/
28596

1

3.73420 t 9.15227 t 4.97081 t

vPH vPV vSH vSV

(km s− 1) (km s− 1) (km s− 1) (km s− 1)

upper mantle
[UUM]

24.4–410 5961–6346.6 3.55535 b 8.92938 b 8.92938 b 4.80443 b 4.80443 b 5.18498e-3 b 1/
385.62

1 b

3.29724 t 8.10557 t 7.83981 t 4.57103 t 4.52545 t 4.62083e-3 t 0.92243 t

0.00786 s1 − 0.00626
s1

0.02814 s1 − 0.02314
s1

− 0.01690
s1

0.12036e-3 s1 0.00984 s1

0.01053 s2 − 0.03253
s2

0.02907 s2 − 0.05317
s2

− 0.04367
s2

1.14282e-3 s2 0.01905 s2

0.01364 s3 − 0.10341
s3

0.00703 s3 − 0.09579
s3

− 0.07383
s3

2.15677e-3 s3 0.01664 s3

0.00270 s4 − 0.18940
s4

− 0.11050
s4

− 0.13637
s4

− 0.13321
s4

7.04272e-3 s4 0.01043 s4

− 0.00708 s5 − 0.16800
s5

− 0.31084
s5

− 0.07560
s5

− 0.24256
s5

13.54302e-3
s5

− 0.02032
s5

− 0.00658 s6 − 0.21327
s6

− 0.32739
s6

− 0.06196
s6

− 0.19270
s6

9.58492e-3 s6 − 0.02262
s6

(continued on next page)
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pressure and gravity in the outer core (e.g. Irving et al., 2018) need to be
invoked for this purpose. Modeling in terms of seismological properties
(e.g. vS, Qμ) is theoretically well established, invokes fewer approxi-
mations, and often affords better data fits with fewer independent pa-
rameters than directly modeling the underlying thermodynamical state
(e.g. T, p, d, C). While characterizing relationships between the two sets
of properties is a frontier area of research, mixing them during the
construction of seismological models can lead to biased and circular
interpretations. Outstanding questions on core inhomogeneity or de-
partures from mantle pyrolitic composition can be robustly evaluated
only when these complexities are permitted by the modeling scheme but
are nevertheless disfavored by observations.

Here, we identify robust structural features and discuss in-
terpretations while constructing a new radial reference Earth model
REM1D. Previous seismological studies have restricted modeling to
isotropic velocities (e.g. AK135 and AK135F; Kennett et al., 1995;
Montagner and Kennett, 1996), employed only body-wave travel times

(e.g. SP6; Morelli and Dziewonski, 1993), and ignored the effects of
lateral heterogeneity. While there is no prescribed way to construct a
radial reference Earth model, we build upon recent improvements in our
understanding of 3D crustal structure (e.g. Bassin et al., 2000; Laske
et al., 2013) and new methods that utilize diverse seismological obser-
vations using full spectrum tomography (FST; Moulik and Ekström,
2014, 2016). In a related study (Moulik and Ekström, 2025, hereafter
referred to as Paper I), the FST technique for constructing 3D Earth
models was extended to radial (1D) structure. We introduced concepts
that account for geographic bias in observations, theoretical complex-
ities (e.g. anisotropy and attenuation), and non-linear crustal effects.
Paper I also discussed the new reference bulk Earth dataset comprising
astronomic-geodetic constants, normal-mode observations, body-wave
constraints and surface-wave dispersion curves, which were either
poorly constrained or unavailable during the construction of PREM.
Modeling concepts and data fits are summarized in Section 2 while
structural complexities are evaluated in Section 3. We conclude, in

Fig. 1. The new radial reference Earth Model REM1D. Values of elastic parameters and density are provided for (a) the whole Earth and (b) the top 1000 km of the
crust and mantle. (c) Shear attenuation (Qμ) and anisotropy (i.e. aS, aP from eq. 3) in the shallowest regions. Dotted curves in (a–b) are the horizontal components of
velocity (vSH , vPH) while solid curves are the vertical, or radial, components of velocity (vSV , vPV). REM1D is radially anisotropic in the upper mantle with η less than 1
and anisotropy (aS and aP) in the range of 1–4 %. Finite bulk attenuation is found in the mantle with two parameters above (Qκ = 385.62) and below the 410-km
discontinuity (Qκ = 28,596). Shear attenuation peaks at a depth of ~150–175 km (Qμ = 60–80) but is also found in the lower mantle (650–2891 km, Qμ = 348.83)
and the inner core (Qμ = 89.54). Peak anisotropy (aS and aP) is found 17 ± 5 km shallower in depth than the mechanically weak (low vS and Qμ) asthenosphere.
REM1D describes bulk Earth structure in terms of a discrete set of basis functions (Table 1); this modular construction makes it readily extendable to various
geochemical, petrological and seismological applications.

Table 1 (continued )

Region
Abbreviation

Depth (km) Radius (km) Density (g
cm− 3)

vP (km s− 1) vS (km s− 1) 1/Qμ 1/Qκ η

− 0.00254 s7 − 0.10599
s7

− 0.13233
s7

− 0.02083
s7

− 0.06047
s7

0.92144e-3 s7 − 0.01125
s7

lower crust [LCR] 15–24.4 6346.6–6356 2.900 6.800 3.900 1/300 1/
88888

1

upper crust
[UCR]

3–15 6356–6368 2.600 5.800 3.200 1/300 1/
88888

1

ocean [OCE] 0–3 6368–6371 1.020 1.450 0 0 1/
88888

1
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Sections 4 and 5, with geological interpretations and an overall outlook
on radial structure.

2. Concept of the model

The construction of a new radial reference Earth model (REM1D)
involves several modeling choices that dictate its parametric complexity
(Table 1, Figs. 1 and 2). Outstanding questions persist regarding the
choice of physical parameters that can be constrained using current
datasets and relatedly, their geometric parameterization with depth. In

the sections below, we justify our choices based on various
considerations.

2.1. Physical parameterization

Physical parameters that describe the Earth’s interior are chosen
based on several theoretical and observational considerations. A radial
reference model can be expressed as the spherically symmetric, non-
rotating model

⊕ =
(
vPH, vPV , vSH, vSV , η, ρ,Q− 1

μ ,Q− 1
κ

)
, (1)

where the 8 physical parameters (mk) include the 5 properties vPH, vPV ,
vSH, vSV , and η that define a transversely isotropic medium (e.g. Dzie-
woński and Anderson, 1981; Takeuchi and Saito, 1972; Dahlen and
Tromp, 1998); ρ is density while Q− 1

μ and Q− 1
κ are attenuation parame-

ters in shear and compression (or bulk), respectively. Here, we deal with
the spherical equivalent of transverse isotropy where the symmetry axis
is vertical (radial) for every parcel of material inside the solid Earth; this
is also known as ‘radial anisotropy’ or ‘polarization anisotropy’ in the
literature. The discrepancy in propagation velocities of Love and Ray-
leigh waves suggests that the upper mantle is anisotropic. This
discrepancy is most prominent for waves that traverse the oceanic ba-
sins, which cover a majority of the Earth’s surface. In contrast to clas-
sical studies, we invoke both radial anisotropy and the non-linear effects
of crustal structure to explain the Love-Rayleigh wave discrepancy
(Paper I). The influence of crustal heterogeneity on the average aniso-
tropic structure is discussed further in Section 3.3.

For a radially anisotropic medium, wave propagation is determined
by the 5 elastic parameters A, C, L, N and F (Love, 1927) that are related
to parameters in eq. 1 following

vPH =
̅̅̅̅̅̅̅̅̅
A/ρ

√

vPV =
̅̅̅̅̅̅̅̅
C/ρ

√ vSH =
̅̅̅̅̅̅̅̅̅
N/ρ

√

vSV =
̅̅̅̅̅̅̅̅
L/ρ

√ η = F
/

(A − 2L) (2)

The constant N (or vSH) dictates the propagation of fundamental
mode Love waves while all five constants, especially L (or vSV), are
important for Rayleigh waves (e.g. Takeuchi and Saito, 1972). The first
two terms dictate the velocity of compressional (P) waves propagating
perpendicular (i.e. horizontal, vPH) and parallel (i.e. vertical, vPV) to our
axis of symmetry (vertical or radial). In contrast, shear-wave velocity
depends both on polarization and direction of propagation. The terms N
and L describe the velocity of horizontally (vSH) and vertically polarized
shear waves (vSV), respectively, while propagating in the horizontal di-
rection perpendicular to our axis of symmetry (vertical or radial). SH
waves (e.g. S or ScS) recorded on the transverse component can prop-
agate sub-horizontally for a substantial portion of the ray path near the
bottoming depth; in the presence of mantle anisotropy (typically
vSH > vSV), this leads to slightly faster arrivals (< 2 s) than the related SV
waves recorded on the radial component. In the radial propagation di-
rection that is parallel to our symmetry axis, there is no splitting in
arrival time as both polarizations of shear waves are controlled by the
same elastic constant L (or vSV). Therefore, both horizontally and
vertically propagating (reflected or converted) SV waves (i.e. SKS, SKKS,
ScP, SP and SKIKP) recorded on the radial component travel with the
same velocity. The fifth non-dimensional parameter η dictates the ve-
locities at intermediate incident angles, and strongly influences funda-
mental mode Rayleigh wave dispersion (e.g. Dziewoński and Anderson,
1981). An alternative fifth non-dimensional parameter ηκ = (F+

L)/
̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
(A − L)(C − L)

√
has recently been proposed to characterize incident

angle dependence of body waves (Kawakatsu, 2016). Deviations of ηκ

from one represent departures from the elliptic condition that would
require phase velocity surfaces of body waves to be either circular (SV)
or elliptic (P and SH; Thomsen, 1986). The magnitude of radial anisot-
ropy is often quantified in the geosciences using four terms

Fig. 2. Comparisons between REM1D and earlier models for (a–f) the upper
mantle and transition zone, and (g) underlying regions. Elastic parameters and
density from the anisotropic 1-D reference model PREM (Dziewoński and
Anderson, 1981) and isotropic velocity model AK135 (Kennett et al., 1995) are
plotted for comparison. Also shown are the variations in shear attenuation (Qμ)
from the radial model QL6 (Durek and Ekström, 1996). Percent deviations from
PREM are plotted for the lower mantle and core, regions where absolute dif-
ferences are relatively small in magnitude. More detailed comparisons between
published models on variations in the outer core are provided in Fig. 7.
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aS =
2⋅(vSH − vSV)
vSH + vSV

aP =
2⋅(vPH − vPV)
vPH + vPV

ξ =

[
vSH
vSV

]2

ϕ =

[
vPV
vPH

]2

,

(3)

where aS and ξ represent shear-wave anisotropy while aP and ϕ repre-
sent compressional-wave anisotropy.

In order to derive ‘equivalent’ isotropic properties in the radially
anisotropic parts of the mantle, we perform Voigt averaging following

vP =
̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
(λ + 2μ)/ρ

√
=

̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅
(κ + 4/3μ)/ρ

√

vS =
̅̅̅̅̅̅̅̅
μ/ρ

√

vΦ =
̅̅̅̅̅̅̅̅
κ/ρ

√
,

(4)

where vP, vS and vΦ are the isotropic compressional-wave, shear-wave
and bulk-sound velocity, respectively. The Lamé parameters (λ and
shear modulus μ) and bulk modulus represent the upper bounds of the
effective moduli and are related to the anisotropic parameters as

κ =
1
9
[4A+ C+ 4F − 4N]

μ =
1
15

[A+ C − 2F+ 5N+ 6L]

λ = κ −
2
3

μ.

(5)

Note that a purely isotropic reference model described by the
following conditions

A = C = κ +
4
3

μ N = L = μ F = λ = κ −
2
3

μ η = 1

vP = vPH = vPV vS = vSH = vSV aP = aS = 0 ξ = ϕ = 1
(6)

does not satisfactorily fit our reference surface-wave datasets from Paper
1; as such, the derived ‘equivalent’ isotropic parameters in the upper
mantle are valid only for certain non-seismological applications where
anisotropy may be ignored e.g. calibration of the average properties in a
dynamic simulation (e.g. Dannberg et al., 2017).

In the general case of a weakly anisotropic medium, wave speeds are
controlled by eight other linear functions of elasticity tensor compo-
nents: the six 2ζ terms Gc, Gs, Bc, Bs, Hc and Hs, and the two 4ζ terms Ec
and Es, where ζ denotes the local wave ray azimuth with respect to the
local meridian (Montagner and Nataf, 1986). There is some observa-
tional evidence of two-fold (2ζ) or four-fold (4ζ) azimuthal variations in
surface-wave phase velocities (Forsyth, 1975), which can contribute
substantially to the propagation phase and vary in pattern and strength
across regional (e.g. Montagner and Jobert, 1988; Nishimura and For-
syth, 1989; Maggi et al., 2006; Marone and Romanowicz, 2007) and
global scales (e.g. Montagner, 2002; Ekström, 2011; Ma et al., 2014;
Schaeffer et al., 2016). Two-fold (2ζ) azimuthal anisotropy for surface
waves means that the full, azimuthally varying phase velocity c⋆(ζ) can
be expressed as

c⋆(ζ) = c0(ζ)[1+A0 +A2 cos2ζ+B2 sin2ζ+A4 cos4ζ+B4 sin4ζ], (7)

where A0 = δc/c0 denotes a static azimuthally averaged perturbations to
the reference isotropic propagation velocity c0 derived from the radial
reference model. The terms A2, B2, A4 and B4 are coefficients describing
azimuthal variations in phase velocity and are depth integrals involving
the radial eigenfunctions of the reference model (Smith and Dahlen,
1973). Expressions for a medium with azimuthal anisotropy can also be
derived for body wave phases with an additional dependence on the
local angle of incidence (e.g. Backus, 1965; Jech and Pšenčík, 1989;
Farra, 2005; Chen and Tromp, 2007), and for splitting of normal modes

accounting for the resonance (or coupling) between standing vibrations
at discrete frequencies (e.g. Woodhouse, 1980; Mochizuki, 1986). Since
lateral variations in the two-fold (2ζ) anisotropy of Rayleigh waves are
geographically consistent across measurement techniques and afford
statistically significant improvements in data fits (Moulik et al., 2022),
we use a reference dataset of fundamental-mode Rayleigh waves that is
already corrected for azimuthal variations (Paper I).

The elastic and anelastic responses are two intricately linked aspects
of Earth’s rheology. Anelasticity influences the propagation velocities of
seismic waves through dispersion and is a major reason for attenuation
of amplitudes following the excitation by an earthquake. We adopt the
intrinsic quality factor (i.e. Q(f) at frequency f) as a measure of the
volumetric rate of energy dissipation that appears as heat due to
anelasticity (e.g. O’Connell and Budiansky, 1978). A single mechanism
of energy dissipation can be denoted with a characteristic relaxation
function of a standard linear solid that describes the response (i.e. de-
parture from elasticity) of the solid at various frequencies (e.g. Zener,
1948; Nowick and Berry, 1972). Recently, forced oscillation tests have
investigated anelasticity as a function of timescale, temperature T,
pressure p, grain size d, melt fraction, and chemical composition C (e.g.
Gribb and Cooper, 1998; Jackson et al., 2002; McCarthy et al., 2011;
Faul and Jackson, 2015). A consistent feature of the experiments on
melt-free (and mostly dry) polycrystalline aggregates is an absorption
band (high-temperature background) with a mild frequency dependence
(αQ = 0.2–0.4), which may be consistent with the mechanism of diffu-
sionally accommodated grain boundary sliding (e.g. Raj, 1975). Since
experiments are conducted at lower p-T-d conditions than in the real
Earth, extrapolating properties of the absorption band at seismic fre-
quencies is an outstanding problem in the geosciences.

From a seismological standpoint, waves at longer periods generally
probe deeper regions of the Earth and it is therefore difficult to disen-
tangle the effect of frequency dependence of attenuation (αQ) from those
stemming from its depth variation. We prescribe that quality factors are
frequency independent (αQ = 0) for both shear friction (Qμ(f) ≈ Qμ) and
bulk dissipation (Qκ(f) ≈ Qκ ) within the seismic band of interest
(~1–3200 s) and discuss implications later in this study (Section 4.2).
Some energy dissipation mechanisms can cause anisotropy of attenua-
tion at exploration scales (~0.1–10 km), such as due to fluid flow
through the porous rock matrix or the interbedding of thin and variable
attenuative layers (e.g. Mukerji and Mavko, 1994; Carcione, 2000;
Chapman, 2003). We ignore this complexity since there is no clear ev-
idence that such mechanisms are pervasive or operate over wavelengths
that may be detected by long-period waves (> 20 s) and manifest as
global features. In a medium with radial anisotropy in elastic properties
and isotropy in anelastic properties, physical dispersion causes a trav-
eling wave (or a corresponding normal mode) to ‘see’ the elastic pa-
rameters at the dominant period T (or eigenfrequency ω = 2π/T = 2πf)
of vibration mk(T) following

mk(T)
mk(1)

=

⎛

⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎜
⎝

1 −
2lnT

π

[
(1 − E)
Qκ

+
E
Qμ

]

, for mk ∈ [A,C]

1 −
2lnT
πQμ

, for mk ∈ [N, L]

1 −
2lnT

π

⎡

⎢
⎢
⎣

(1 − E)
Qκ

−
E
2Qμ

1 −
3
2
E

⎤

⎥
⎥
⎦, for mk ∈ [F]

1 −
lnT
π

[
(1 − E)
Qκ

+
E
Qμ

]

, for mk ∈ [vP]

1 −
lnT
πQμ

, for mk ∈ [vS]

(8)

and
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E =
4
3

[
vS
vP

]2

=
4
3

[
A+ C − 2F+ 5N+ 6L
8A+ 3C+ 4F+ 8L

]

, (9)

derived by applying the chain rule to the ‘equivalent’ isotropic expres-

sions in eq. 6 (e.g. dlnN = dlnL = dlnμ = − 2lnT
πQμ

and dlnF =

[

dκ − 2
3⋅

dμ
]

/

[

κ − 2
3 μ

]

= [(1 − E)⋅dlnκ − E/2⋅dlnμ ]/
[

1 − 3
2E

]

). Here, we employ

the approximation that logarithmic dispersion of the elastic moduli
(mk ∈ [μ, κ,A,C,N, L,F]) can be expressed in terms of the corresponding
frequency-independent quality factors Qk following dlnmk(ω)

dlnω ≈ 2
πQk (e.g.

O’Connell and Budiansky, 1978; Dahlen and Tromp, 1998). Note that
while simplified expressions are provided above for the dispersed ve-
locities in isotropic regions (i.e. following dlnN = dlnL = 2⋅dlnvS and dln
A= dlnC= 2⋅dlnvP), anisotropic velocities in the upper mantle should be
calculated explicitly from the dispersed elastic parameters following eq.
2. The physical properties represented by our radial reference Earth
model (i.e. ⊕, REM1D, Table 1, Fig. 1) are valid at the reference period
of 1 s, denoted by mk(1), and are used to obtain E above.

Other parameters useful for geological interpretations such as pres-
sure (p), gravity (g), Brunt-Väisälä frequency (N2), Poisson’s ratio (σP)
and the Bullen’s stratification parameter (ηB) can be derived from our
radial reference model (e.g. Bullen, 1963; Dahlen and Tromp, 1998).
The gradient of bulk modulus with pressure (κʹ = dκ/dp) and its curva-
ture (κʹ́ = d2κ/dp2) are important EoS parameters for relating pressure,
temperature and density of material in thermal equilibrium. In a well-
mixed isochemical region, the derivative EoS parameter κʹ́ should
remain negative over an entire pressure range, decreasing in magnitude
to zero at high pressures (p→ ∞; e.g. Stevenson, 1980; Stacey, 1995). An
EoS formulation to characterize physical properties within a principal
region is valid unless the assumptions of homogeneity and adiabaticity
are violated (Sections 4.6 and 4.9). Bullen’s ηB parameter measures
deviations from a standard adiabatic and homogeneous region that is in
hydrostatic equilibrium following the Adams-Williamson equation for
density gradients (dρ/dr = − ρ2g/κ). In terms of the pressure derivative
of bulk modulus dκ/dp ≡ (dκ/dr)/(dp/dr) in the radial reference model,

ηB =
dκ
dp

+
1
g
d
dr

(κ
ρ

)
. (10)

In order to interpret the physical significance of the ηB values, it is
useful to consider separate contributions of departures from adiabaticity
and large-scale homogeneity following

ηB = 1 −
ακτ
ρg −

κ
ρ2g

∑n

i=1

∂ρ
∂Ci

dCi
dr

, (11)

where α = 1/V(∂V/∂T)p is coefficient of thermal expansion for a volume
V at pressure p, τ (in K/m) is deviation from the adiabatic temperature
gradient in a chemical mixture of n components and Ci is a measure of
the amount of each component (e.g. Birch, 1952; Bullen, 1967; Masters,
1979). Based on these considerations, it is clear why we refer to ηB as the
stratification parameter since it is a measure of how much a region is
either thermally or chemically stratified.

Bullen’s stratification parameter can be used to detect regions with
subadiabatic (τ < 0) temperature gradients (ηB > 1) or regions con-
taining thermal boundary layers with superadiabatic (τ > 0) tempera-
ture gradients (ηB < 1). Note that chemical inhomogeneity (n > 1 in eq.
11) can theoretically act to either amplify or suppress the contribution
from temperature gradients depending on the physical properties and
ratios of the individual components. Irrespective of their origin (e.g.
polymorphism, primordial material, core interaction, tectonic deposi-
tion), most high-density components in the Earth tend to either ther-
modynamically equilibrate or gravitationally stabilize at greater depths
(or lesser radii i.e. dCi/dr < 0). Therefore, inhomogeneity due to phase
transitions or chemically distinct components will tend to manifest as ηB

values substantially greater than one in regions where these processes
are pervasive. The parameter Brunt-Väisälä frequencyN2 is of interest in
the fluid regions and is defined as

N2 = −
g
ρ
dρ
dr

−
ρg2
κ
. (12)

For the Earth, this parameter is most relevant for the outer core,
where positive values (N2 > 0) imply that a small parcel of fluid oscil-
lates about its initial position with angular frequency N in a gravita-
tionally stable manner that facilitates density stratification. A neutrally
stable outer core is characterized by the equivalent conditions N2=0 and
ηB=1 since N2=ρg2(ηB − 1)/κ.

2.2. Geometric parameterization

The geometric parameterization of a radial reference model with
depth strongly influences its structural complexity, flexibility for sta-
tistical tests and the rate of convergence towards an optimal solution. A
modular description of radial models in terms of discrete principal re-
gions is favorable due to its parametric simplicity and the ease of per-
turbing a particular feature independently of other parameters in the
inversion (Table 1). The 10 principal regions in REM1D occupy discrete
ranges of depths - ocean (OCE, 0–3 km), upper crust (UCR, 3–15 km),
lower crust (LCR, 15–24.4 km), upper mantle (UUM, 24.4–410 km),
transition zone (TZO, 410–650 km), central lower mantle (CLM,
771–2741 km), Dʹ́ region (DPP, 2741–2891 km), outer core (OCO,
2891–5156 km), and inner core (ICO, 5156–6371 km). Radii of internal
discontinuities between the principal regions and the mean Earth radius
(R = 6371 km) are fixed throughout this paper. Within each region,
different sets of analytical basis functions are used to geometrically
parameterize the variations at depth. Basis functions adopted in this
study include (i) polynomial terms up to order 4 and (ii) 7 evenly-spaced
cubic B-splines restricted to the upper mantle. Linear combinations of
analytical functions vary between physical parameters (eq. 1) due to
historical reasons, prior expectations from mineral physics and based on
the sensitivity afforded by the reference bulk Earth datasets (Paper I).
For example, ηB artifacts that imply strong inhomogeneity and non-
adiabaticity are avoided in potentially well-mixed regions like the
outer core by adopting a higher order polynomial for density than the
elastic structure (cf. Section 4.1.4 in Paper I). Flexibility in parametri-
zation allows us to isolate the influence of specific features and deter-
mine the level of structural complexity justified by available datasets.
Both absolute values of physical parameters and important derivative
properties (e.g. ηB, κʹ) can be evaluated in high precision without the
need for numerical interpolation.

Radial inversions can solve either for absolute (⊕abs) or relative (⊕rel)
perturbations to values in the starting reference model (⊕0). The first
approach allows a simpler expression for an updated radial model⊕1D as

⊕1D(r) = ⊕0(r)+⊕abs(r). (13)

Such expressions for absolute perturbations have been used in the
construction of classical radial models like PREM and the attenuation
model QL6 (Durek and Ekström, 1996). We express both the starting
model ⊕0 and absolute perturbations ⊕abs in terms of the same set of
analytical basis functions. When expressed using a set of piecewise
continuous functions along Earth’s radius (Bh, Table 1), the starting
radial reference model can be written as

⊕0(r) =
∑

h
cmkh Bh(r), (14)

where cmkh corresponds to the coefficient for the h-th function from the
basis set and the k-th parameter mk out of the 8 physical parameters in
eq. 1. An alternative to analytical functions and a less modular approach
is to express the variations as a sequence of linear gradients or values at
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discrete depths (e.g. AK135; Kennett et al., 1995). Another approach for
constructing radial models uses relative (⊕rel) perturbations defined as

⊕1D
avg(r) =

∫

Ω
⊕3D(r, θ,ϕ)dΩ, (15)

where dΩ is the differential surface area on the unit sphere at the lati-
tude θ, longitude ϕ, and radius of interest r. Here, the heterogeneity field
for each physical parameter is defined as

⊕3D(r, θ,ϕ) = ⊕0(r)
[
1+⊕rel(r, θ,ϕ)

]
, (16)

where ⊕rel denotes the perturbation relative to the radial reference
model⊕0. An example of a radial model constructed using this approach
is STW105, which was derived as the spherical average of a 3D tomo-
graphic model (Kustowski et al., 2008).

2.3. Regularization and inversion

We solve for the absolute perturbations ⊕abs to a starting reference
Earth model ⊕0 since it preserves the modular construction of the
starting model. Our procedure involves inversion for absolute pertur-
bations to a starting reference model

⊕abs = δmk(r) =
∑

h
δcmkh Bh(r)Y00, (17)

where δcmkh is perturbation to the coefficient cmkh corresponding to the k-
th parameter mk and h-th basis function Bh while Y00 denotes value of
the degree-0 spherical harmonic (1/

̅̅̅̅̅̅
4π

√
in our normalization). The use

of polynomials and cubic B-splines in this study permit a radial
regionalization with abrupt internal discontinuities. Paper I describes
the basis functions and the a priori constraints from recent studies that
are incorporated in the starting model (⊕0) in more detail. The model
vector in our inverse problem (m) therefore comprises the perturbations
needed to the basis coefficients (δcmkh ) to fit bulk reference datasets. We
express our model vector in terms of isotropic (e.g. δvS =

(δvSH + δvSV)/2) and anisotropic variations (e.g. δaS = δvSH − δvSV) for
both compressional- and shear-wave velocities. This choice allows us to
modulate independently the complexity of variations in isotropic ve-
locity and radial anisotropy.

The total data misfit (χ2) is calculated for all reference bulk Earth
datasets (Section 2.4). We relate the data vector d to the model vectorm
using linearized sensitivity kernels (e.g. Supplementary Fig. S1)
following Gm = d based on the formulations in Paper I. The inversion is
stabilized with prior information from regularization schemes, which
can be expressed as a general matrix formulation D

(
m+ δabsm0

)
= c.

Here,m0 is the starting model, c is a constant, and δabs dictates whether
absolute properties (i.e. m0+ m, δabs=1) rather than perturbations (i.e.
m, δabs=0) are regularized. Following discrete inverse theory (e.g.
Menke, 1989), solution to the regularized inverse problem is

where mLS is a matrix containing the best-fitting model while wi and γj
are the weights given to various types of data and damping, respectively.
Also, j corresponds to different regularization choices in our models and
(
DTD

)

j are the respective damping matrices derived numerically (cf.
Appendix A in Paper I). We calculate the weighted least-squares solution
to eq. 18 using a standard Cholesky factorization for positive-definite
matrices (e.g. Trefethen and Bau, 1997). We perform standard

damped least-squares inversions and select an appropriate amount of
damping for every principal region in the Earth. The optimal damping
scheme is adjusted separately for different physical parameters after
successive trials and evaluations of our results.

We adopt a computationally intensive procedure that calculates a
posteriori fits to a suite of radial models obtained using various amounts
and types of regularization schemes. Our cascading scheme involves
three sets of inversions with increasing parametric complexity - (i)
mantle shear attenuation (Qμ), (ii) mantle Qμ and elastic variations, (iii)
mantle η and ρ including all parameters in the previous set, and finally
(iv) all mantle and core parameters. The strongest sensitivity of the
reference datasets are to the shear-velocity and shear-attenuation
structure in the mantle (e.g. Supplementary Fig. S1); we solve these
parameters initially to obtain faster convergence in data fits. The second
set of inversions is done jointly for several iterations and accounts for the
effects of attenuation on mode eigenfrequencies due to physical
dispersion (cf. eq. 16 in Paper I). From the third step onwards,
astronomic-geodetic and body-wave measurements are included. Each
step in our inversion procedure comprises up to five iterations of
calculating sensitivity kernels accounting for crustal structure in case of
surface waves and the corresponding normal modes (cf. eq. 13 and 14 in
Paper I), followed by accumulation of data sensitivities from different
datasets and joint inversions for radial structure (eq. 18). The incre-
mental approach of adding structural complexity and reference datasets
in our inversions allows us to trace and control the contributions from
different subsets of data.

2.4. Fits to bulk earth datasets

Our preferred radial reference Earth model (REM1D) is constructed
from a rigorous evaluation of structural complexities based on optimal
fits to bulk Earth datasets (Table 1, Fig. 1). In Paper I, we derived
reference datasets comprising normal-mode eigenfrequencies and
quality factors, surface-wave dispersion curves, impedance constraints
and arrival-time curves from body waves, and Earth’s mass and moment
of inertia. A crucial goal of a new reference Earth model is to afford more
accurate predictions of all data types compared to earlier radial models.
Other models considered here were constructed either with older
reference datasets (e.g. PREM, AK135F) or a subset of data types such as
normal modes (EPOC) and body waves (SP6, AK135, CCREM, KHOMC,
EK137). EPOC (Irving et al., 2018) and KHOMC (Kaneshima and Helf-
frich, 2013) report changes in properties of the outer core and retain
values from PREM in other regions. EPOC prescribes an isentropic EoS
formulation (Vinet et al., 1987) to fit a small dataset of normal-mode
eigenfrequencies with associated estimates of molar mass, pressure
and gravity in the outer core; such a parameterization assumes a well-
mixed, adiabatic region a priori in the inversion. EK137 (Kennett,
2020) aims to fit arrival times of body wave phases by updating a
combination of the AK135 mantle and EPOC core. KHOMC (Kaneshima
and Helffrich, 2013) reports changes to vP variations in the PREM outer

core based on differential times between the SmKS phases (i.e. m= 2 for
SKKS) with different numbers of underside reflections (m-1) at the
core–mantle boundary. CCREM (Ma and Tkalčić, 2021) is optimized to
fit the correlation features that exist in global correlograms due to the
similarity of body waves reverberating through the Earth’s interior.
STW105 (Kustowski et al., 2008) is an elastic model that was derived as
the spherical average of a 3D tomographic model using older datasets

mLS =

[
∑

i
wi
(
GTG

)

i +
∑

j
γj
(
DTD

)

j

]− 1[
∑

i
wi
(
GTd

)

i −
∑

j
γj
(
δabs⋅DTDm0 − DTc

)

j

]

, (18)
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and excluding the constraints from normal modes. All radial models
except PREM and AK135F report elastic properties and density with no
independent descriptions of anelastic structure (Qμ, Qκ). All earlier
models ignore the effects of azimuthal anisotropy during model con-
struction while only PREM, AK135F and STW105 account for radial
anisotropy. Overall, REM1D provides revised estimates of all physical
properties (Fig. 1, Table 1) and affords better fits to the new reference
datasets than all classical and widely used radial models that are
available from the literature. While improvements with REM1D is not
altogether surprising, a simple fitting exercise based on classical ap-
proaches was found inadequate so new concepts for jointly modeling the
diverse datasets had to be developed for this outcome (Paper I).

Table 2 demonstrates the improvement in χ2/N misfits for various
subsets of normal modes. In order to aid comparisons, average disper-
sion curves of surface waves are converted to eigenfrequencies of
fundamental modes following Paper I. REM1D fits fundamental (sphe-
roidal and toroidal) modes and vP-sensitive overtones up to 65 times
better than PREM. Since the reference datasets span the full spectrum of
seismological observations (~1–3200 s), attenuation profiles (Qμ, Qκ)
from PREM are adopted to account for physical dispersion in the pre-
dictions from body-wave models that do not report these parameters
(AK135, CCREM, KHOMC, EK137). All body-wave models report up to
two orders of magnitude worse χ2/N misfits to normal-mode and
surface-wave datasets compared to REM1D. Figs. 3 and 4 demonstrate
the capability of REM1D to reproduce the trends in eigenfrequency and
quality-factor data along various overtone branches indicative of the
improved constraints on shallow Earth structure. REM1D is the only
model that fits all astronomic-geodetic data to within their 1-σ bounds
(∣χ∣ ≤ 1) of uncertainty (Fig. 5, Supplementary Table S1). Improve-
ments in fits to normal-mode, astronomic-geodetic and surface-wave
data are obtained in conjunction with robust fits to the body-waves
arrival times (Table 3) and contrasts across internal discontinuities
(Table 4, Section 3.2). Normalized misfits to body-wave arrivals from
REM1D are very low (ψpb ≤ 0.25 s) across a range of phases and dis-
tances (Table 3), which is comparable in magnitude to the misfits from
body-wave models (e.g. AK135, CCOMC, KHOMC). While predictions
from SP6 are used for calculating these misfits (Paper I), discrepancies
with other arrival times (e.g. Kennett et al., 1995; Kennett, 2020) are
uniformly low (≪ 0.5 s) except for a few phases where the geographic
bias to structure in the shallowest mantle and Dʹ́ region (e.g. S, P, ScS
and SKKS; Supplementary Fig. S2) is accounted for in this work.

Fig. 6 demonstrates the excellent fits to average surface-wave
dispersion curves that could be achieved only after performing itera-
tive inversions that account for non-linear crustal contributions. The
influence of heterogeneity from the crustal model CRUST2.0 (Bassin
et al., 2000) is substantial (> 50 %) for phase velocities of both Love and
Rayleigh waves. At least three iterations are needed before inversions of
elastic structure converge in their fits to surface wave dispersion. Since
local phase velocities are calculated for CRUST2.0 at every iteration
(Paper I), fitting the dispersion curves is a computationally intensive and
strongly non-linear procedure. REM1D predicts average dispersion to
within the 1-σ uncertainty bounds across the entire range of surface-
wave periods considered in this study (25–250 s). PREM predicts sub-
stantially slower phase velocities (by up to ~1.2 %) for the short-period
(< 50 s) Love waves and all Rayleigh waves. Since we account for
physical dispersion while fitting mode eigenfrequencies (cf. eq. 16 in
Paper I), the attenuation parameters also influence the retrieved elastic
structure. Robustness of the REM1D shear and bulk attenuation model
(Section 3.1) is evident based on (up to 10 times) lower χ2/Nmisfits than
PREM to the quality factor observations of normal modes (Table 2,
Figs. 3 and 4).

Revisions in density structure are needed to reconcile two major
subsets of the reference dataset. First, REM1D satisfies the astronomic-
geodetic constraints (Fig. 5, Supplementary Table S1) with positive
density gradients (dρ/dz) throughout the upper mantle and slight re-
ductions in density within the outermost outer core (Fig. 2d,g). In
contrast, PREM systematically over predicts the new and more precise
estimates of Earth’s total mass and inertia coefficient (χ2/N = 21).
Second, eigenfrequencies of long-period spheroidal modes require
steeper gradients of density in the lower mantle with 0.2–0.3 % denser
material than PREM at the bottom ~500 km of the mantle (Fig. 2g).
Several long-period normal modes (e.g. 0S2− 5) that afford comparable
sensitivity to elastic parameters and density in the mantle (e.g. Dahlen
and Tromp, 1998, cf. Supplementary Fig. S1 in Paper I) require this
feature of geological significance (Sections 4.5 and 4.6). Density excess
in the outer core reported by EPOC relative to PREM (> 1 %, Fig. 7c,d) is
highly inconsistent with astronomic-geodetic observations (∣χ∣ = 13–79,
Supplementary Table S1).

Fig. 8 summarizes fits to the arrival times of a few mantle and core
phases that were used in the construction of REM1D. PREM predicts
faster arrivals (>1 s) of the diffracted phases Pdiff and Sdiff than the radial
model SP6 due to the geographic bias towards the faster lower-mantle

Table 2
Comparison of fits to the normal-mode datasets. The χ2/N misfits to the reference dataset of eigenfrequencies (ω) and quality factors (Q) are provided separately for
radial modes, spheroidal and toroidal fundamental modes, or their overtone branches. Average dispersion curves of surface waves are converted to mode eigen-
frequencies in these calculations. In the case of REM1D, non-linear crustal contributions are included in the predictions for eigenfrequencies of fundamental modes
(Paper I). Subsets of spheroidal overtones are sensitive to vP or core structure. Studies that do not solve for attenuation profiles are denoted by a “†”; shear and bulk
attenuation parameters from either QL6 (in case of STW105) or PREM (in case of others) are used to account for physical dispersion in these models. Models that did
not employ normal modes and surface waves in their construction are denoted by “∧” and “§”, respectively. EPOC (vP, ρ) and KHOMC (vP) are outer-core models that
prescribe PREM structure in other regions and for the remaining physical properties (Section 2.4). Data fits comparable to PREM afforded by these two studies are
therefore a natural outcome of this modeling limitation. Fits afforded by REM1D to individual normal modes are listed in Supplementary Tables S2–S6. Some of the
values below are noted in the legends of Figs. 3 and 4.

χ2/N Radial Spher. Fund. Tor. Fund. Spher. Over. Tor. Over. Subsets of Spheroidal Overtones All Modes

Q ∣ ω Q ∣ ω Q ∣ ω Q ∣ ω Q ∣ ω vP sens. Core Other Q ∣ ω

REM1D 15 ∣ 377 2 ∣ 8 2 ∣ 2 19 ∣ 44 2 ∣ 3 25 ∣ 49 13 ∣ 141 19 ∣ 31 11 ∣ 32

PREM 41 ∣ 215 1 ∣ 110 8 ∣ 131 28 ∣ 165 21 ∣ 3 26 ∣ 196 18 ∣ 286 36 ∣ 146 18 ∣ 120

AK135F 1087 ∣ 23,493 2 ∣ 675 3 ∣ 2312 96 ∣ 2142 7 ∣ 42 192 ∣ 5202 63 ∣ 7742 45 ∣ 1020 85 ∣ 1946

STW105†^ 43 ∣ 112 1 ∣ 70 2 ∣ 479 24 ∣ 231 2 ∣ 29 30 ∣ 526 22 ∣ 474 22 ∣ 161 14 ∣ 194

EPOC†§ 40 ∣ 3240 1 ∣ 93 8 ∣ 131 28 ∣ 103 21 ∣ 3 28 ∣ 78 18 ∣ 368 35 ∣ 72 18 ∣ 142

AK135†§^ 85 ∣ 1521 52 ∣ 2798 99 ∣ 20,422 125 ∣ 878 75 ∣ 103 187 ∣ 3371 30 ∣ 2613 144 ∣ 304 100 ∣ 3057

CCREM†§^ 90 ∣ 1418 76 ∣ 4527 101 ∣ 27,011 125 ∣ 415 80 ∣ 30 185 ∣ 817 30 ∣ 772 146 ∣ 313 106 ∣ 3692

KHOMC†§^ 41 ∣ 1135 1 ∣ 326 8 ∣ 2843 28 ∣ 117 21 ∣ 11 27 ∣ 216 18 ∣ 313 35 ∣ 77 18 ∣ 432

EK137†§^ 85 ∣ 1052 52 ∣ 2056 99 ∣ 28,885 2356 ∣ 1162 75 ∣ 12 1251 ∣ 1602 2497 ∣ 2918 3071 ∣ 874 1244 ∣ 4026
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anomalies in the northern hemisphere (e.g. Paper I; Morelli and Dzie-
wonski, 1993). According to ray theory, arrival times of these tele-
seismic body waves have a peak sensitivity at the turning point of the ray
in the bottom 200–300 km of the mantle (Fig. 9). We start with a low-
velocity zone in the Dʹ́ region (Paper I) and the negative gradients in
both vP and vS structure persist even with the inclusion of normal mode
eigenfrequencies and after performing several iterations of joint in-
versions. Compared to PREM, REM1D is up to 0.5 % slower in vP and up
to 1 % slower in vS in the Dʹ́ region primarily due to the arrival times of
diffracted waves (Fig. 2g). Normal-mode overtones that afford addi-
tional sensitivity to the lower mantle (Supplementary Fig. S1) are fit
significantly better by REM1D with up to 4 times lower χ2/N misfits

compared to PREM (Fig. 4a-f). Core structure is constrained using long-
period (≥ 50 s) normal-mode measurements and arrival times of core-
traversing phases (e.g. PKIKP, SKS) recorded at shorter periods
(~1–50 s). Arrival-time predictions of all core phases (i.e. PKIKP, PKKP,
PKP, SKKS, SKS, SKIKP and PʹPʹ) are consistent (± 0.8 s, ψpb ≤ 0.25 s)
with the reference dataset of SP6 values (Fig. 9a, Table 3). In contrast,
PREM predicts faster arrivals (up to 6 s) than REM1D for the core phases
SKS and SKKS (Fig. 9c,d), which is inconsistent with arrival time curves
of both AK135 and SP6. Differential times between the SmKS phases (m
= 2–5; e.g. SKKKS-SKKS) provide sensitivity to the outermost ~800 km
of the core. Although excluded from our inversions, discrepancies in
differential SmKS times (m = 1–5) predicted by REM1D and KHOMC (<

Fig. 3. Fits to eigenfrequencies (a–c) and quality factors (d–f) of radial and fundamental normal modes. Predictions from REM1D (blue) include the non-linear
contribution from the crust following eqs. 13 and 14 in Paper I. The χ2/N misfit values are provided in the legend for the models REM1D, AK135F and PREM.
For clarity, eigenfrequencies (a–c) are plotted relative to the values predicted by PREM. Average dispersion curves of surface waves are converted to mode
eigenfrequencies in these calculations following Paper I. Fits afforded by REM1D to individual normal modes are listed in Supplementary Tables S2–S4.
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0.4 s) at distances between 125◦–165◦ from a deep-focus earthquake
(500 km hypocenter depth) do not exceed the reported uncertainty and
scatter in array studies (e.g. Alexandrakis and Eaton, 2010; Kaneshima
and Helffrich, 2013; Kaneshima, 2018). While a model like KHOMC can
be optimized to fit differential SmKS times, it is overall too fast in the
shallow outer core (down to ~4000 km depth; Fig. 7b) to fit arrival
times of PKP phases that are incorporated in REM1D (Table 3).

While REM1D affords better overall fits to reference datasets than
PREM, some outliers persist due to, (i) unrealistic uncertainty bounds for
the reported measurements, (ii) tradeoffs between different types of
reference datasets, and (iii) theoretical limitations such as ignoring the
effects of radial anisotropy on observations. Of particular note are the
high-overtone radial modes (3− 9S0), which are equivalent to radially
propagating PKIKP waves and are sensitive to vP variations in the whole

Fig. 4. Fits to eigenfrequencies (a–f) and quality factors (g–l) of toroidal and spheroidal overtones. Note the full description in Fig. 3. All overtone branches are not
plotted here for clarity but discussed in the text. Fits afforded by REM1D to individual normal modes are listed in Supplementary Tables S5 and S6.
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Earth (cf. Supplementary Fig. S1 in Paper I). These modes are fit poorly
by both REM1D and PREM with χ2/N misfits to eigenfrequencies
exceeding 300 even though the remaining radial modes are fit at least 10
times better with REM1D. While eigenfrequencies of radial modes are
measured with high precision due to their large quality factors (Fig. 3d)
and the related slow decay in amplitudes, it is not clear whether un-
certainties lower by 2 orders of magnitude are justified for a subset of
these modes (Supplementary Table S2). Tradeoffs between body-wave
and normal-mode datasets are present while fitting the shear veloc-
ities in the mantle. A radial model constructed with normal modes in
isolation prefers vS variations that are up to 15 m/s slower than REM1D

down to a depth of ~800 km. This leads to a slightly more pronounced
low-vS zone in the shallowest mantle (80–250 km) and slower velocities
in the uppermost lower mantle (650–771 km), regions that strongly
influence the propagation of S and SS phases. By optimizing the vS
structure in joint inversions, REM1D is able to fit arrivals of major body-
wave phases without substantially deteriorating the fits (< 1.5 times) to
eigenfrequencies afforded by the mode-only inversions (Table 5). Only
the SS phase persists as an outlier (> 0.8 s) in data fits between SP6 and
REM1D, especially at epicentral distances shorter than 90◦ (Fig. 9).
Discrepancies of a similar magnitude can be caused by the effects of
radial anisotropy and the biased sampling of continental regions that is

Fig. 5. Fits to the reference astronomic-geodetic data. For clarity, all observations from Paper I and model predictions are plotted relative to the value predicted by
PREM. The cumulative χ2/N misfits are provided for various radial models - PREM, AK135, AK135F and REM1D - demonstrating the significant misfit reduction with
this study. Predictions from other radial models and detailed measures of data fit are provided in Supplementary Table S1.

Table 3

Comparison of fits to arrival times of body-wave phases. Normalized misfit is defined as ψpb =
1

1+ Δ2 − Δ1

[
χ2pb

]1/2
where χ2 fits for each phase (p) and branch (b) are

calculated using eq. 19 in Paper I. Body-wave travel times are obtained at the corresponding components and range of great-circle distances Δ = [Δ1,Δ2] sampled at 1◦

intervals. The arrivals of S, SS and ScS are associated with the transverse (T) component while other phases are associated with the vertical (V) component. Radial
models that did not employ body waves in their construction are denoted by a “†”. Values in the upper crust are extended to the surface and ocean is removed when a
global ocean layer is reported in models denoted by a “*”. Rays are calculated through all profiles at the reference period of 1 s without corrections for physical
dispersion while using an anisotropic tracer modified fromWoodhouse (1981). The source is a surface-focus earthquake located at the equator (0◦, 0◦) and no ellipticity
correction is applied. Large normalized misfits

(
ψpb > 0.25 s) are underlined for clarity.

Phase Great-circle Normalized Misfit (ψpb) of Radial Models

Distance Δ REM1D* PREM* AK135 AK135F EK137 CCREM KHOMC EPOC*† STW105*

P 27◦–125◦ 0.05 0.15 0.06 0.10 0.04 0.04 0.15 0.15 0.12

S 27◦–125◦ 0.06 0.23 0.25 0.24 0.20 0.23 0.23 0.23 0.22

PP 53◦–180◦ 0.03 0.12 0.02 0.21 0.02 0.06 0.12 0.12 0.07

SS 56◦–150◦ 0.14 0.11 0.07 0.54 0.09 0.14 0.11 0.11 0.06

PcP 26◦–70◦ 0.03 0.14 0.04 0.17 0.02 0.05 0.14 0.14 0.08

ScS 19◦–65◦ 0.07 0.09 0.14 0.32 0.10 0.12 0.09 0.09 0.08

ScP 18◦–62◦ 0.04 0.10 0.08 0.25 0.06 0.07 0.10 0.10 0.06

SP 95◦–128◦ 0.13 0.19 0.08 0.54 0.04 0.18 0.19 0.19 0.23

PKIKP 118◦–180◦ 0.04 0.19 0.02 0.17 0.04 0.06 0.16 0.10 0.13

PKPab 156◦–178◦ 0.06 0.44 0.06 0.24 0.03 0.05 0.39 0.15 0.35

PKPbc 151◦–153◦ 0.25 0.79 0.11 1.07 0.04 0.05 0.65 0.34 0.48

PKKPab 111◦–122◦ 0.03 0.67 0.04 0.42 0.06 0.01 0.53 0.12 0.55

PKKPbc 83◦–122◦ 0.10 0.22 0.04 0.25 0.01 0.03 0.16 0.05 0.16

SKS 91◦–123◦ 0.14 0.15 0.08 0.47 0.08 0.08 0.12 0.11 0.13

SKKS 65◦–178◦ 0.09 0.32 0.08 0.26 0.16 0.13 0.24 0.13 0.30

SKIKP 113◦–160◦ 0.01 0.19 0.07 0.27 0.08 0.09 0.16 0.08 0.14

SKPbc 141◦–148◦ 0.02 0.31 0.07 0.78 0.10 0.09 0.23 0.08 0.19

PʹPʹ 56◦–70◦ 0.10 0.47 0.02 0.50 0.02 0.08 0.39 0.13 0.30
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ignored in most body-wave models (Paper I).
A way to improve constraints on the lowermost mantle and the Dʹ́

region (Section 4.6) is by including expanded datasets of diffracted body
waves (Pdiff , Sdiff ) and the so-called Stoneley modes trapped at the core-
mantle boundary (e.g. Ritsema et al., 2011; Koelemeijer et al., 2013).
While we have included average travel times of diffracted phases that
account for the uneven geographic coverage (Paper I), newer observa-
tions afforded by array deployments of broadband seismometers (e.g.

USArray) will likely yield insights on lateral variations. Our experiments
with the mode eigenfrequencies of CMB-Stoneley modes reported by a
single study (Koelemeijer et al., 2013) reveal that these data are fit
substantially better with REM1D (χ2/N ∼ 343) than PREM

(
χ2/N ∼

657). While the misfits are still quite large, they stem from outstanding
discrepancies in only three modes (1S16, 2S25 and 3S26). The CMB-
Stoneley modes are difficult to measure due to the limited

Table 4
Model estimates of contrasts in elastic parameters and density across internal discontinuities. We define the contrast as %Δx= 100× Δx/xavg , where Δx= |x+ − x− | is
the magnitude of difference between parameters at the top (subscript ‘+’) and bottom (subscript ‘–’) of the discontinuity and xavg = [x+ + x− ]/2 is the average.
Parameter x can be density ρ, shear modulus μ, Lamé parameter λ, shear-wave velocity (vS) and impedance (ZS), compressional-wave velocity (vP) and impedance (ZP),
and bulk-sound velocity (vΦ). Reference dataset with uncertainties are discussed in Paper I. Estimates from REM1D and other classical radial models are provided for
comparison. Discrepant predictions that fall outside bounds of the uniform distribution or the 95 % confidence interval (2-σ) of the normal distribution are underlined.
At the 650-km discontinuity, PREM overestimates the impedance contrasts while REM1D detects negligible changes in both vΦ and λ. ICB represents the inner-core
boundary that is fixed at a radius of 1215 km in REM1D.

Discontinuity Parameter§ Reference Model Estimates

Data REM1D PREM AK135 SP6

410 km
α→β

%ΔvP 2.5–4.8 2.5 2.5 3.6 3.7

%ΔvS 3.4–5.4 3.4 3.4 4.2 4.5

%Δρ 3.9–5.0 4.9 5.0 3.3 5.3

%ΔZP 7.5 ± 2.2 7.4 7.5 6.9 9.1

%ΔZS 8.3 ± 1.6 8.3 8.3 7.6 9.8

%Δλ – 7.2 7.8 8.7 10.6

%Δvϕ – 1.9 2.0 3.2 3.2

650 km
γ → pv + pc

%ΔvP 0.7–2.5 2.5 4.6 5.6 5.3

%ΔvS 4.8–8.5 6.3 6.5 6.1 6.2

%Δρ 5.2–6.2 5.3 9.3 5.3 7.9

%ΔZP 7.2 ± 2.1 7.8 13.9 10.9 13.2

%ΔZS 10.0 ± 1.4 11.6 15.8 11.3 14.2

%Δλ – 1.1 12.8 15.2 15.5

%Δvϕ – 0.0 3.4 5.3 4.6

ICB
ΔvS (km s− 1) 2.5–3.5 3.5 3.5 3.5 3.5

Δρ (g/cm3) 0.5–0.9 0.6 0.6 0.6 0.6

§ For small contrasts in properties, %ΔZS = %ΔvS +%Δρ and %ΔZP = %ΔvP + %Δρ.

Fig. 6. Fits to the reference surface-wave dispersion dataset. (a) Predictions of average phase-velocity perturbations (dc/c) for Love (in blue) and Rayleigh (in yellow)
waves between 25 and 250 s. (b) Zoomed in values at the longest periods of vibration (60–3200 s). Reference data of eigenfrequencies from Fig. 3b,c are converted to
phase velocity perturbations to aid comparisons following eq. 12 in Paper I. Predictions from CRUST2.0 alone (dashed) and when combined with our preferred model
REM1D (solid) are calculated following eq. 14 and 17 in Paper I. All values are plotted relative to the phase velocities predicted by PREM.
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displacements of their eigenfunctions on the Earth’s surface and their
strong resonance with other modes nearby in frequency. They also have
limited sensitivity to density in the lowermost mantle and our inversions
with a variety of density variations give comparable fits to the reported
data. These measurements were obtained using a technique that itera-
tively fits a set of observed normal-mode spectra (ISF; e.g. Giardini et al.,
1987, 1988; Li et al., 1991; Resovsky and Ritzwoller, 1998; Deuss et al.,
2013), which is strongly non-linear and requires accurate descriptions of
the earthquake source and radial structure. Alternative techniques are
being formulated that may overcome such limitations (e.g. Masters
et al., 2000b); REM1D fits current estimates better than PREM even

though these data were not part of the reference dataset (Paper I) and
are not employed during model construction.

3. Estimation of physical properties

In this section, we discuss the various structural complexities that
were evaluated during the construction of REM1D (Table 1, Fig. 1). For
brevity, we focus on a small subset of modeling scenarios that are most
pertinent to the geological interpretations discussed later in the paper
(Section 4). Key questions are regarding the major modifications needed
to the classical radial reference models like PREM (Fig. 2).

Fig. 7. Comparison of radial models in the outer core. (a,c) Absolute variations in vP and ρ along with (b,d) deviations from PREM values are provided. Derivative
properties include (e) Bullen’s stratification parameter ηB, (f) Brunt-Väisälä frequency N2, (g) gradient in bulk modulus with pressure κʹ = dκ/dp and (h) its curvature
κʹ́ . Inset figures (a,c) zoom in to the boundary regions of the outer core with a thickness of 500 km next to the CMB and ICB. REM1D reports steeper velocity and
density gradients than PREM and up to 0.5 % lower velocities (vP) in the outermost outer core. Density excess in the outer core reported by EPOC relative to PREM (>
1 %) is highly inconsistent with astronomic-geodetic observations (∣χ∣ = 13–79, Supplementary Table S1). REM1D detects ηB values close to one throughout the outer
core with a smoothly decreasing κʹ (i.e. negative κʹ́ ). REM1D can fit all reference datasets without the abrupt changes in vP gradients at the base of the outer core
reported by most body-wave models, which is related to the anomalous deviations in κʹ and ηB with positive values of κʹ́ . Our results are consistent with a neutrally
stable outer core comprising a well-mixed iron alloy undergoing adiabatic compression (Section 4.9). Values of the physical properties from REM1D are listed in
Supplementary Table S7.
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3.1. Shear and bulk attenuation

Fig. 10 summarizes trial inversions that evaluate shear attenuation
structure in three isolated regions of the Earth’s mantle: (i) upper
mantle, (ii) lower mantle, and (iii) the Dʹ́ region. A suite of shear-
attenuation

(
Qμ

)
models is inverted using a regularization scheme that

modulates the complexity of structure. We apply different levels of

smoothness
(

γg
)
in the upper or lower mantle while another damping

term (γd) modulates the step change in shear attenuation across the Dʹ́

discontinuity (Fig. 10a,b). We show results from the first iteration of an
iterative scheme (Section 2.3), which eventually converges towards our
preferred model of shear attenuation in the mantle (Fig. 1c, Table 1).
Corresponding fits to the full compilation of quality-factor observations
and the various subsets of normal modes are also reported (Fig. 10c–h).
Shear attenuation in the upper mantle is constrained well by the large set
of quality factor observations in our reference dataset (Paper I). In the
vast majority of our models, the minimum in Qμ corresponds to a
strongly attenuating asthenosphere at a depth of ~150–175 km. This
feature is favored by a majority of quality-factor observations, especially
the fundamental (Rayleigh-wave equivalent) spheroidal and (Love-wave
equivalent) toroidal modes. When strong attenuation (low Qμ) in the
uppermost mantle is suppressed with strong gradient damping, χ2/N
misfits to spheroidal modes deteriorate by as much as 30 (Fig. 10c).
Substantial reductions in fits (Δχ2/N ∼ 10) are also observed for the
toroidal fundamental modes when low attenuation is imposed in the
asthenosphere; in contrast, toroidal overtones and radial modes are less
sensitive to details in the uppermost mantle (Fig. 10f). Overall, there is a
clear need for enhanced shear dissipation in the uppermost mantle
compared to PREM.

Several features of shear attenuation in the deep mantle are also
evaluated in these experiments. REM1D exhibits constant shear atten-
uation in the lower mantle (Fig. 2e,f), with values closer to the attenu-
ation model QL6 (Durek and Ekström, 1996) than PREM. When we
allow more structural complexity in the lower mantle by reducing the
weights for gradient damping, a gradual increase in shear attenuation
(ΔQμ = 10–50) is observed between 650 and 2891 km depth (Fig. 10b).
This increase in shear attenuation from the mid mantle is roughly in
agreement with a previous normal-mode study (e.g. Widmer et al.,
1991). When additional complexity is allowed by reducing the weights
that modulate the step change at the Dʹ́ discontinuity, a low Qμ of
~180–200 is recovered. A moderately high shear attenuation in the Dʹ́

region could be due to its role as a thermal or chemical boundary layer,
and is broadly consistent with some body-wave analyses (Doornbos,
1974). However, analysis of data fits show no clear requirement for both
of these complexities in the lower mantle in order to fit any subset of
normal modes; χ2/N misfits to the spheroidal modes do not improve
substantially (Δχ2/N < 2–3) when gradient damping is relaxed in the
lower mantle (Fig. 10d). Fits to toroidal overtones, which are sensitive to
this region, deteriorate slightly (∣Δχ2/N∣ ∼ 1) when the gradient
damping is relaxed (Fig. 10g). Similar results are found for Qμ in the Dʹ́

region; χ2/N misfits do not improve substantially (Δχ2/N < 2) in models
that permit strong attenuation (Qμ ∼ 170) isolated at the base of the
mantle (Fig. 10e,h). Overall, these experiments suggest that the refer-
ence datasets of quality factors are adequately fit by a constant and
uniform Qμ throughout the lower mantle.

Observed decay of radial normal modes requires a finite bulk dissi-
pation (Qκ≪∞) somewhere in the Earth but its radial variation has been
a subject of debate. Table 5 lists the retrieved models of bulk attenuation

Fig. 8. Fits to summary arrival-time curves of body waves. Reference observations from Morelli and Dziewonski (1993) are provided in black. The source is a surface-
focus earthquake located at the equator (0◦, 0◦) and no ellipticity correction is applied. All arrival times are plotted relative to predictions from the isotropic model
AK135 to aid comparisons. REM1D removes the geographic bias towards faster vP structure in the northern hemisphere present in PREM.
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for different radial parameterizations, where bulk attenuation (Qκ) is
allowed to vary in various combinations of principal regions. The χ2/N
misfits change by ~2–22 times across model scenarios with the addition
of one or two extra parameters of bulk attenuation, which is significant
above the 99 % level. For any region except the inner core, the inclusion
of a single value of Qκ leads to significant improvements in fits to the
reference dataset. Our preferred scenario (REM1D) places finite bulk

attenuation in the mantle with two parameters above (Qκ = 385.62) and
below the 410-km discontinuity (Qκ = 28,596). REM1D fits quality
factors of radial and other modes comparably to the model QL6 (Durek
and Ekström, 1996), while affording substantially (6–100 times) better
fits to mode eigenfrequencies. All inversions start with no bulk attenu-
ation (qκ = 0, Qκ = ∞) and utilize only normal mode measurements in
this experiment. Due to physical dispersion, both mode eigenfrequencies

Fig. 9. Record sections containing arrival-time comparison curves between pairs of models. Arrival times of various body-wave phases are calculated at every 2◦

distance for anisotropic (i.e. REM1D, PREM) and isotropic models (i.e. SP6, AK135). Red colors denote slower velocities (greater arrival times) and blue colors denote
faster velocities (smaller arrival times) in the first model compared to the second model in each colorbar. Source is a surface-focus earthquake located at the equator
(0◦, 0◦) and no ellipticity correction is applied. Ray tracing is done in an anisotropic medium (Woodhouse, 1981), assuming that the phases S, SS and ScS are recorded
on transverse and others are on the vertical component (cf. Table 2 in Paper I). Note that the major discrepancies (> 1 s) between REM1D and body-wave models
(SP6, AK135) are only for phases (S, SS, ScS, SKKS) with sensitivity to the uppermost mantle where there is substantial radial anisotropy and the Dʹ́ region where a
low-velocity zone is needed to account for the geographic bias in arrival times. Comparisons with other body-wave models are provided as Supplementary
Figs. S3–S5.
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Table 5
Retrieved radial models of bulk attenuation Qκ . The five sets of inversions start with no bulk attenuation (qκ=0, Qκ=∞), utilize only normal mode measurements, and
adopt a fixed elastic and shear attenuation structure from the preferred model REM1D. Only bulk attenuation parameters are allowed to vary and up to five iterations
are performed while damping the norm of perturbations and the step changes between some regions (e.g. transition zone and lower mantle). The χ2/N misfits to the
reference dataset of eigenfrequencies (ω) and quality factors (Q) are provided separately for radial, spheroidal fundamental, vP-sensitive and all normal modes. Non-
linear crustal contributions are included in the predictions for the fundamental modes (Paper I). All depth ranges for the principal regions are provided in km, and a
value of Qκ = 88,888 in our calculations represents ∞ within numerical precision. Note that the substantial changes in fits to eigenfrequencies ω in the first five
scenarios are purely due to the physical dispersion caused by bulk dissipation. Last row contains the values from our preferred joint radial reference model REM1D (in
italics); reduced ω fits compared to the preceding normal-mode only scenarios are due to tradeoffs with body-wave datasets (Section 2.4).

Upper Transition Lower Outer Inner # of χ2/N χ2/N χ2/N χ2/N χ2/N

mantle zone mantle core core Qκ Radial Spher. Fund. vP sens. Core All

24.4–410 410–650 650–2891 2891–5156 5156–6371 variables Q ∣ ω Q ∣ ω Q ∣ ω Q ∣ ω Q ∣ ω

∞ ∞ ∞ ∞ 890 1 18 ∣ 142 7 ∣ 88 148 ∣ 81 36 ∣ 102 40 ∣ 34

∞ ∞ ∞ 4017 ∞ 1 15 ∣ 157 7 ∣ 88 134 ∣ 72 22 ∣ 105 34 ∣ 33

∞ ∞ 22,533 ∞ ∞ 1 9 ∣ 250 6 ∣ 88 137 ∣ 74 42 ∣ 123 38 ∣ 37

29,360 29,360 ∞ ∞ ∞ 1 18 ∣ 256 6 ∣ 87 146 ∣ 79 43 ∣ 126 41 ∣ 38

385 25,893 25,893 ∞ ∞ 2 10 ∣ 143 1 ∣ 5 25 ∣ 24 17 ∣ 109 12 ∣ 20

385.62 28,596 28,596 ∞ ∞ 2 15 ∣ 377 2 ∣ 8 25 ∣ 49 13 ∣ 141 11 ∣ 32

Fig. 10. Tests for resolution of shear attenuation (Qμ) in different regions of the mantle. Three columns represent sets of inversions that vary the gradients in the
upper mantle, gradients in the lower mantle, and the step change at the Dʹ́ discontinuity. Radial variations are modulated by applying various amounts of smoothness
weights γg and discontinuity weights γd (Section 2.3). Models inverted in the first set of inversions are plotted in (a) while the other two sets are plotted in (b). The
χ2/N misfits to all quality factor data and its various subsets are plotted separately for the three experiments (c–e). Darker colors correspond to stronger damping i.e.
higher weights γg and γd. Black curves and misfit values are for the preferred damping parameters used in the first iteration of our inversion scheme. Note the reversed
order of damping values (x-axes) employed in the misfit plots (c–h) to make the curves correspond roughly to an L-curve analysis for optimal damping parameters (e.
g. Marquardt, 1963; Menke, 1989).
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and quality factors are sensitive to bulk dissipation and are used jointly
to constrain Qκ (cf. eq. 16 and Section 4.4 in Paper I) leading to better
overall data fits. Inclusion of eigenfrequencies accounting for physical
dispersion also reveals a clearer preference for a finite bulk attenuation
restricted to the mantle. Radial and core-sensitive (PKIKP-equivalent)
normal modes (Supplementary Fig. S1), which afford constraints on bulk
attenuation, are fit significantly better by REM1D with two Qκ param-
eters in the mantle. While PKIKP-equivalent modes afford strong
compressional energy densities in the core, they also have comparable or
even higher (~0.8–2 times) shear- and compressional-energy densities
in the mantle (e.g. Dahlen and Tromp, 1998). Placing finite Qκ in the
mantle not only leads to 1.2–2.5 times lower χ2/N misfits for core-
sensitive modes but also affords up to 6 times lower misfits for modes
primarily sensitive to vP structure in the mantle (e.g. Deuss et al., 2013).
Examination of each subset of data in Table 5 verifies that the details of
bulk dissipation in REM1D are not dictated by a single type but are
rather consistent with the entire reference dataset.

Shear attenuation in the mantle lithosphere (24.4–80 km) and the
transition zone (410–650 km) are not as well constrained as at the
depths corresponding to the asthenosphere (80–250 km). Although not
shown here, a few of our model scenarios exhibit slightly higher shear
attenuation (lower Qμ) in the transition zone compared to the bottom of
upper mantle (ΔQμ = 10–50), in broad agreement with an undamped
inversion performed by an earlier study (cf. Fig. 6 in Durek and Ekström,
1996). However, details of this complexity depend strongly on our
choices of regularization in the upper mantle, especially between the
depths of ~250–410 km. In order to fit the strong attenuation (low Qμ)
at asthenospheric depths favored by most of the normal modes, cubic

splines and the polynomial terms in the upper mantle tend to overshoot
the values of Qμ in the transition zone, resulting in a discontinuity at 410
km depth. Since we do not obtain substantial improvements in data fits
with such complexities (Δχ2/N < 10 %), we suppress the step change in
Qμ variations between the upper mantle and the transition zone across
the 410-km discontinuity (γd). In contrast, very strong damping (γd) is
needed to eliminate the step change in shear attenuation at the 650-km
discontinuity (ΔQμ = 156) and this feature is therefore retained. Our
results are in agreement with Durek and Ekström (1996), who did not
favor low attenuation in the transition zone based on fits to an earlier
compilation of quality factor observations. Similar experiments with
shear attenuation in the mantle lithosphere show minor improvements
in fits when strong gradients are permitted in this region; we adjust the

gradient damping
(

γg
)
for a smooth transition to a crustal Qμ of 300

(Durek and Ekström, 1996).

3.2. Mantle velocities and density

Joint inversions of surface-wave, normal-mode and body-wave
datasets allow us to constrain the isotropic vP and vS variations
throughout the Earth’s mantle. New reference datasets of Love- and
Rayleigh-wave dispersion (Paper I), in particular, provide some of the
best constraints on shear-wave velocities in the uppermost mantle. We
obtain similar variations (deviation < 1 %) of isotropic vS at 80–410 km
depth using a variety of smoothness and norm regularization schemes.
Structure in the shallowest mantle cannot be accurately modeled using
the body-wave phases in isolation (e.g. AK135, EK137). While in-
versions using arrival-time curves favor an overall reduction of shear
velocities in the upper mantle from faster starting models (Paper I), it is
the average phase velocities (or corresponding eigenfrequencies) of
fundamental-mode surface waves that require a low-velocity zone in the
upper mantle (~150–175 km). Joint modeling of different data types is
even more important for constraining structure in the deeper regions of
the mantle. While some sensitivity to vS variations in the transition zone
is afforded by the teleseismic S and SS phases, strong norm damping is
required to stabilize our inversions when the normal mode eigen-
frequencies are excluded.

Our estimates of isotropic velocities in the mantle show substantial
deviations from PREM (Fig. 2). We find clear signatures of two low-
velocity zones in the upper and lower boundary layers of the mantle
based on multiple datasets. This feature can be easily identified based on
the depth gradients of density and isotropic velocities (i.e. v̇S = dvS/dz, ρ̇
= dρ/dz), which should be positive in an adiabatic, homogeneous
mantle undergoing hydrostatic compression. In the uppermost mantle,
REM1D has 4 times stronger negative vS gradients (v̇S = − 0.0015/s) than
PREM between Moho and 150 km depth but the vP gradient is negligible

(
⃒
⃒
⃒
⃒v̇P

⃒
⃒
⃒
⃒≪

⃒
⃒
⃒
⃒v̇S

⃒
⃒
⃒
⃒). The upper mantle is therefore characterized by a pro-

nounced low-vS zone and a weaker low-vP zone. In contrast, PREM re-
ported 2 times stronger vP gradients than vS gradients in the upper
mantle, a discrepancy that is likely caused by the past limitations in
short-period measurements (Paper I). The low-velocity zone in both vP
and vS structure becomes more prominent at progressively longer pe-
riods of vibration (e.g. 20 and 3200 s) due to the effects of physical
dispersion in REM1D (Fig. 11). In the Dʹ́ region, negative gradients are
noted for both vP and vS variations (v̇S = 2⋅v̇P = − 0.0004/s), but their
magnitudes are smaller than in the upper mantle boundary layer. In
contrast, PREM contains a weak negative v̇S with a positive v̇P and ρ̇ in
the Dʹ́ region. REM1D prefers low-velocity zones and lower values of vP
and vS in this region in order to fit arrival-time curves of diffracted Pdiff
and Sdiff waves (Δ > 90◦). After accounting for the preferential sampling
of the faster heterogeneity in the northern hemisphere, steep negative
velocity gradients are required in the lowermost mantle by body waves
that bottom near the CMB (e.g. Morelli and Dziewonski, 1993). In-
terpretations of these low-velocity zones are discussed further in Section

Fig. 11. Effects of physical dispersion on elastic properties ‘seen’ by various
periods of vibration. (a-b) Dispersed elastic parameters of the radially aniso-
tropic medium are calculated using eq. 8 at the dominant periods (T) of 20 s and
3200 s, which correspond roughly to a typical traveling (body and surface)
wave and the longest-period spheroidal fundamental mode (0S2), respectively.
(c-d) Reduction in the ‘equivalent’ isotropic velocities (eq. 4) is the most dra-
matic (~4.5 % vS, ~2 % vP) at a depth of ~150–175 km where there is a peak of
shear attenuation (Qμ = 60–80) in REM1D (Figs. 1 and 14b). Note that the low-
velocity zone corresponding to the weak asthenosphere becomes progressively
more prominent at longer periods and the effect of physical dispersion is
stronger for shear than compressional waves (eq. 8). The elastic parameters of
REM1D (i.e. blue curves in a-b) are reported at the reference period of 1 s
(Table 1, Supplementary Table S7).
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4.5.
Substantial revisions to density variations in PREM are required

throughout the mantle. In the shallowest 200 km, it has been suggested
that discrepancies between observations of Earth’s flattening and hy-
drostatic predictions can be attributed to the anomalous and gravita-
tionally unstable low-density zone in the PREM upper mantle
(Nakiboglu, 1982). In REM1D, density gradients in both upper and
lower mantle boundary layers are positive (ρ̇ > 0) and no subset of data
requires a dramatic reduction of density in both regions. An increase in

density (up to 0.3 %) relative to PREM with steeper gradients (ρ̇) is
found in the REM1D lower mantle. Pressure distribution obtained from
REM1D is consistent with PREM to within ~1 GPa in all principal re-
gions; minor deviations are observed in the uppermost mantle and the
transition zone with the peak value (Δp = p - pPREM = 0.89 GPa) at 108
km depth (Fig. 12a). While the pressure scale is important for calibrating
EoS parameters and inferring bulk chemical composition in a self-
consistent manner (e.g. Stixrude and Lithgow-Bertelloni, 2011), choice
of the radial reference model will contribute significantly lower

Fig. 12. Relevant physical properties of various radial models. (a) Pressure and gravity are functions of density, while (b) Bullen’s stratification parameter (ηB) and
squared Brunt-Väisälä frequency (N2, inset) are functions of both radial gradients and structure. The blue filled curves in (a) report the deviations in pressure between
REM1D and PREM, Δp = p - pPREM. More detailed comparisons between published models on variations in the outer core are provided in Fig. 7. (c) Robustness of ηB
variations in the central lower mantle. Similar values are obtained after 2 iterations (blue or yellow curves) from starting models that satisfy the Adams-Williamson
equation (ηB = 1), irrespective of the polynomial order used for density (3 or 4). Preferred ηB values from REM1D afford improved (up to 4.6 times lower) χ2/N misfits
to the longest-period spheroidal fundamental modes (0S2− 5), which are sensitive to density structure in the lower mantle. Note that the ηB values in the central lower
mantle exceed 1.03 below a depth of ~2100 km. A well-mixed homogeneous material corresponds to Bullen’s parameter ηB ∼ 1 and Brunt-Väisälä frequency N2 ∼ 0.
Values of the physical properties from REM1D are listed in Supplementary Table S7.
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uncertainties (Δp < 0.15 %) to the analysis below the transition zone
(p > 25 GPa) than uncertainties stemming from mineral physics (e.g. Δp
= 15 % at 330 GPa based on EoS for platinum; Stacey and Davis, 2004).

Table 4 reports the step changes in elastic parameters and density
across major internal discontinuities. REM1D estimates fall inside the
95% confidence interval (2-σ) of the normal distributions and are within
the bounds of uniform distributions in the reference dataset. Classical
radial models (e.g. SP6, AK135, PREM) fit the new dataset of contrasts in
physical properties comparably well at the 410-km discontinuity.
However, REM1D reports up to 2 times weaker contrasts in velocity and
impedance (ZP, ZS) than PREM across the 650-km discontinuity. Our
estimates of ZP and ZS across this discontinuity are consistent with
AK135, which is used in a few body-wave studies due to its ability to fit
amplitudes of the SS phase that is a function of impedances. However,
the vS contrast that underlies the ZS impedance is substantially lower in
REM1D for both discontinuities in the transition zone; there is even a
tendency for this step change to reduce further (i.e. with lower γd) albeit
with insignificant improvements to the χ2/N misfits. Our vP contrast of
2.5 % across the 650-km discontinuity agrees with the values obtained
from the analysis of SS- and PP-precursors (Shearer and Flanagan, 1999;
Estabrook and Kind, 1996), receiver functions (Lawrence and Shearer,
2006) and ScS reverberations (e.g. Revenaugh and Jordan, 1991, cf.
Table 3 in Paper I) at the 95 % confidence interval. Topography of the
transition-zone discontinuities may be expected due to lateral variations
in temperature and composition, which would reduce the apparent
contrast if pervasive in lateral extent. However, strong large-scale var-
iations (exceeding ±5 km) are found only in geographically localized

regions such as subduction zones while large swaths of the mantle retain
the discontinuity close to 410 and 650 kms (S362ANI+M; Moulik and
Ekström, 2014). After accounting for the tradeoffs between velocity and
the topography of internal discontinuities using full-spectrum tomog-
raphy, the spherically-averaged depths of both discontinuities do not
deviate by more than 0.17 km in S362ANI+M. Contrasts in the bulk
structure of REM1D are therefore unlikely to be influenced by the large-
scale topography of internal discontinuities. Implications of these con-
trasts for bulk composition of the mantle are discussed in Section 4.7.

3.3. Extent of radial anisotropy

Strong radial anisotropy with fast horizontally polarized shear-wave
velocities (vSH > vSV, ξ > 1) is required in the upper mantle (24.4–410
km) to fit surface-wave dispersion curves and eigenfrequencies of short-
period normal modes. REM1D exhibits the maximum shear-wave
anisotropy at ~125–150 km depth (aS = 3.90 %, ξ = 1.08) with
smoothly decreasing values at shallower and deeper parts of the up-
permost mantle. These features are in contrast to PREM, which reported
a monotonically decreasing aS anisotropy with depth in the upper 220
km of the mantle. We suppress radial anisotropy below 250 km with
norm damping since such variations fail to significantly improve the fits
to any subset of reference datasets above the 95 % confidence level. Our
anisotropic variations are comparable in magnitude but differ in pattern
when compared to the radial model STW105 that was optimized to fit
surface-wave dispersion. Peak shear-wave anisotropy in REM1D is
somewhat deeper than in STW105 and anisotropy in the mantle

Fig. 13. Tests for the magnitude of radial anisotropy in the shallowest mantle. (a,b) Variation of anisotropy for different scenarios of damping that impose scaling
and correlation between vP and vS anisotropy (aS = 0.55⋅aP) in the mantle lithosphere (24.4–80 km). (c) Predicted dispersion curves from the inverted scenarios
accounting for the non-linear contributions from CRUST2.0 compared with the bulk reference dataset from Paper 1. (d–f) Fits to various subsets of mode eigen-
frequencies (i.e. spheroidal, toroidal fundamental modes and overtones) as a function of the amount of scaling damping. Black curves and misfit values correspond to
the preferred set of damping parameters (γs = 0) used in REM1D inversions. Note the strong sensitivity (cf. Supplementary Fig. S2 in Paper I) of fundamental-mode
surface wave dispersion to slight changes in anisotropy in the uppermost mantle (c,e). Moderate anisotropy in the mantle lithosphere and peak anisotropy at
~125–150 km depth is detected irrespective of the damping choices.
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lithosphere (24.4–80 km) does not diminish to zero close to the Moho.
We correct the Rayleigh wave dispersion data for azimuthal anisotropy
and account for non-linear effects of the crust on wave propagation
(Paper I), modeling choices that improve the constraints on radial
anisotropy in the shallowest regions of the Earth.

Non-linear contributions from the strong crustal variations (Paper I)
strongly influence both shear- and compressional-wave anisotropy (aS,
aP) in the mantle lithosphere. After accounting for this effect, mode
eigenfrequencies (and corresponding surface-wave dispersion) require
higher vSV and lower vSH velocities than PREM in the shallowest mantle.
REM1D therefore exhibits a more prominent peak in aS anisotropy and a
more distinct low-velocity zone than earlier radial models. In our
preferred inversions, both aS and aP anisotropy are allowed to vary
independently with no correlation or scaling with each other. REM1D
contains roughly 3 times stronger compressional-wave anisotropy (aP =
3.31–3.39 %, ϕ = 0.93–0.94) than shear-wave anisotropy (aS =

1.09–2.00 %, ξ = 1.02–1.04) in the mantle lithosphere. In order to
evaluate the robustness of this feature, we experimented with amounts
of damping (γs) that impose scaling and correlation (aS = 0.55⋅aP) in the
mantle lithosphere as expected from petrological constraints (e.g.
Montagner and Anderson, 1989a). Fig. 13 contains the model scenarios
and their predictions to dispersion curves and other normal-mode
reference datasets. Imposing constant aP-aS scaling in the mantle litho-
sphere leads to deterioration in fits to all subsets of the reference dataset,
particularly to the dispersion of fundamental-mode surface waves. The
χ2/N misfits to these dispersion data reduce by a factor greater than 2
when strong damping is applied (γs ≥ 5, Fig. 13c,e), which is significant
at the 95 % confidence level. Placing strong emphasis on anisotropic
scaling in the mantle lithosphere has the adverse effect of reducing the
magnitude of peak aS anisotropy (Fig. 13a). It is evident that reference
datasets corrected for nonlinear crustal effects are sensitive to small
changes in radial anisotropy, and that the peaks in both aP and aS
anisotropy at ~125–150 km depth do not depend strongly on regulari-
zation choices.

The surface-wave dataset employed in this study provides the
strongest sensitivity to shear-wave anisotropy in the upper mantle (cf.
Supplementary Fig. S2 in Paper I). Resolution of the remaining aniso-
tropic parameters - compressional-wave anisotropy and η - is slightly
more limited based on the sensitivity afforded by currently available
datasets. Nevertheless, modeling choices regarding these two parame-
ters can influence the variations of shear-wave anisotropy in our in-
versions. For example, compressional-wave anisotropy (i.e. aP, ϕ) trades
off with density and shear-wave anisotropy (aS) in the shallowest mantle
(e.g. Beghein et al., 2006; Kustowski et al., 2008). We apply gradient and
norm damping to obtain smooth variations in compressional-wave
anisotropy (aP ≤ 3.78 %, ϕ = [0.93,1]) in the shallowest 250 km of
the mantle (cf. Appendix A in Paper I). In case of the fifth anisotropic
parameter η, we start with a constant isotropic value of 1 throughout the
Earth and examine possible deviations in the upper mantle. We choose
to suppress perturbations in η below 250 km using strong norm damp-
ing; relaxing this constraint does not appreciably improve the overall fits
to the normal-mode eigenfrequencies. While the details of η variations
depend on the smoothness applied in different depth regions, values
below 1 are preferred by both spheroidal mode eigenfrequencies and
Rayleigh-wave dispersion. Several iterations are required before the
models converge towards the η variations in our preferred model
(Figs. 1b and 2c), which contains a smooth change from 1 at a depth of
~300 km to 0.92 at the Moho. The magnitude of compressional-wave
anisotropy is similar to earlier models (e.g. PREM, STW105) and is
largely independent of the η structure in the shallowest 200 km of the
mantle.

Although not shown here, we have performed experiments that
modulate the anisotropic features of other principal regions using
various regularization schemes. When additional anisotropic parame-
ters in the deep mantle are included as free parameters in our inversions,

mild anisotropy (aS < 1 %, vSH > vSV , ξ > 1) is observed in the transition
zone. When we solve for radial anisotropy throughout the lower mantle,
the Dʹ́ region exhibits a slightly reduced anisotropy (vSV > vSH, ξ < 1)
largely due to tradeoffs with anisotropic variations in the mid mantle.
Reference eigenfrequencies of core-sensitive modes are adequately fit
without requiring the presence of shear- or compressional-wave
anisotropy (aS, aP) in the inner core. In contrast to some studies (e.g.
Montagner and Anderson, 1989b; Beghein et al., 2006; Panning and
Romanowicz, 2004; Visser et al., 2008), we do not obtain substantial
improvements in misfits

(
Δχ2/N < 5%) to any subset of normal modes

by allowing pervasive anisotropic features below a depth of 250 km.
Other studies have reported a strong tradeoff between isotropic and
radially anisotropic variations in the lowermost mantle (e.g. Kustowski
et al., 2008). Additional constraints from normal modes help alleviate
some of the tradeoffs in structure, as was demonstrated in case of lateral
variations in the lowermost mantle (Moulik and Ekström, 2014). Even
with our methodological improvements (Paper I), current reference
datasets require neither predominant horizontal flow in the lowermost
mantle (Panning and Romanowicz, 2004) nor anisotropy arising from
texturing or solidification of the inner core (Lythgoe and Deuss, 2015).

3.4. Core structure

Elastic and density structure of the Earth’s core does not deviate
substantially from the starting model that followed the Adams-
Williamson equation (e.g. ηB = 1) and expectations of derivative prop-
erties (e.g. κʹ) from mineral physics (Paper I). REM1D can fit reference
datasets without the very steep gradients of vP and vS in the outer and
inner core reported by SP6, which lead to anomalously large κʹ values
with positive curvatures (κʹ́ ). Such features may not be expected in an
iron-rich crystalline inner core or a well-mixed outer core with uniform
phase and composition (e.g. Stacey, 2005) so need to be invoked only
when other options have been exhausted. While some body-wave
studies report a dramatic change of velocity gradients in the lower-
most outer core atop the inner-core boundary (e.g. Kennett et al., 1995;
Song and Helmberger, 1995), we demonstrate that a radial model can be
constructed without the need for this feature (Fig. 7) while affording
similar fits to body-wave arrival times (Table 3) and significantly better
fits to normal-mode measurements (Table 2). This is possible due to the
limited sensitivity of the SKS, SKKS and PKPab phases to this region since
their turning depths for the available range of epicentral distances (cf.
Table 2 in Paper I) are shallower than the bottom 500 km of the outer
core (Supplementary Figs. S3–S5). Other core phases like PKIKP and PʹPʹ

do not isolate sensitivity to this region while the few PKPbc arrivals that
turn at these depths are fit very well (ψpb = 0.25 s, Table 3) by REM1D.
Improvements in fits to the core phases also require REM1D to have
steeper vP gradients than PREM with up to 0.5 % lower velocities in the
outermost outer core (Fig. 2g). Steeper vP gradients in the outermost
90–450 km of the core are consistent with array studies of SmKS body
wave phases (Section 2.4), which are highly sensitive to this region (e.g.
Tanaka, 2007; Helffrich and Kaneshima, 2010; Kaneshima, 2018).
Eigenfrequencies of spheroidal overtones sensitive to the core and vP
structure are also fit significantly better by REM1D with χ2/N misfits
that are reduced 2–4 times compared to PREM (Table 2).

Although inner core is a principal region that occupies less than 1 %
of the Earth by volume, a few precise seismic observations are available
to probe its structural properties. Due to the spread in structural sensi-
tivity (Supplementary Fig. S1), core-sensitive normal modes may find it
difficult to discriminate a higherΔρ localized at the inner-core boundary
(ICB) from the integrated effects of a density gradient above the ICB
followed by a smaller Δρ (e.g. Gubbins et al., 2008). We utilize normal-
mode and body-wave datasets that constrain both absolute properties
and their gradients on either side of the ICB. Density contrast (Δρ) at the
ICB is 0.6 g/cm3, which is broadly consistent (±2σ) with recent normal-
mode (e.g. Masters and Gubbins, 2003) and body-wave studies (e.g.
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Koper and Dombrovskaya, 2005). Early seismological estimates of Δρ at
the ICB derived from the amplitude ratios of PKiKP/PcP phases (Bolt and
Qamar, 1970) were up to 2 times higher and had limited global
coverage. Recent body-wave studies (cf. Table 3 in Paper I) have placed
upper bounds of Δρ < 1–1.2 g/cm3 (Shearer and Masters, 1990; Tkalčić
et al., 2009; Waszek and Deuss, 2015), which is consistent with our
estimates. Major features of the inner core do not change substantially
with the addition of a cubic polynomial for density that suppresses the ηB
artifacts from parameterization (Section 2.2, Paper I). REM1D finds κʹ

values in the inner core that are marginally higher (2.35–2.36) than
PREM (2.33–2.34), features related to the 0.1–0.5 % reduction in ve-
locities (Figs. 2g and 16). Thermodynamical interpretations based on the
revised core structure are discussed in Section 4.9.

4. Thermo-chemical and dynamical interpretations

REM1D represents revised estimates of average physical properties
with important implications for the bulk thermo-chemical state and
global dynamics of the Earth’s deep interior. In the sections below, we
discuss some outstanding geological questions where new information is
gleaned by this study.

4.1. Origins of radial anisotropy

Boundary layers that contain intrinsically anisotropic minerals and
undergo strong deformation are prime candidates for pervasive seismic
detections of radial anisotropy that is LPO-style in origin. For example,
the a-axis of dry olivine aligns parallel to flow direction, resulting in
vSH > vSV for regions with horizontal flow and vSV > vSH for regions with

vertical flow (e.g. Nicolas and Christensen, 1987; Mainprice et al.,
2000). Shear-wave anisotropy in the shallowest mantle of REM1D
(vSH > vSV, aS > 0, ξ > 1) are likely LPO-style textures of intrinsically
anisotropic grains arising from the horizontal flow in this ductile region
under dislocation creep (e.g. Nicolas and Christensen, 1987; Montagner,
2002; Becker et al., 2008). REM1D also detects compressional-wave
anisotropy (vPH > vPV , aP > 0, ϕ < 1) and η values in the range of
0.92–1 within this region (Section 3.3, Figs. 1 and 2). In contrast to
earlier radial models like PREM, values of an alternative fifth elastic
parameter ηκ in REM1D exceed one (1–1.01) throughout the mantle
lithosphere and asthenosphere (Supplementary Fig. S6), a feature that
cannot be attributed to a layering of homogeneous isotropic layers and
requires intrinsic anisotropy as the dominant mechanism (Backus, 1962;
Berryman, 1979). Our ηκ variations are found to be consistent with
radial anisotropy in this region even though we neither parameterize in
terms of ηκ nor damp its values towards one. A gradual increase of
anisotropy with depth in the shallowest mantle is consistent with the
effect of temperature on single-crystal estimates of anisotropy in upper
mantle minerals such as olivine and enstatite (Mainprice, 2007). Peak
shear-wave anisotropy (aS = 3.90 %, ξ = 1.08) and compressional-wave
anisotropy (aP = 3.78 %, ϕ = 0.93) both lie at a depth of ~125–150 km
(Fig. 1c). REM1D estimates of peak anisotropy may indicate pervasive
large-scale processes such as apparent plate motion or density-driven
flow in the oceanic mantle (e.g. Conrad and Behn, 2010; Becker et al.,
2014).

Calibration against bulk seismological properties can help glean in-
formation on first-order effects that are less sensitive to the starting
conditions in geodynamic simulations. Fig. 14 provides comparison of
our estimates of average radial anisotropy with those derived from a

Fig. 14. Comparisons of REM1D with geodynamic flow and 3D attenuation models. (a) Depth variation of shear-wave anisotropy (ξ, eq. 3) in REM1D is compared
with the values from PREM and STW105. Predictions of ξ from a dynamic flow study where texture formation is restricted to regions where olivine is in dislocation
creep are provided as red circles (Becker et al., 2008). The χ2/N misfits between seismological radial models and geodynamic predictions are provided in the legend.
(b) Shear attenuation, in terms of 1000/Qμ, is plotted with a twin axis and red curves. Values from REM1D are compared against the average attenuation of the 3D
shear attenuation model QRSFI12 (Dalton et al., 2008), derived using a smooth PREM as the starting model or otherwise. When no prior information is imposed, both
REM1D and QRSFI12 agree that the peak attenuation (Qμ = 60–80) is present at a depth of ~150–175 km. Peak anisotropy is found 17 ± 5 km shallower in depth
than the mechanically weak (low vS and Qμ) asthenosphere.
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geodynamic flow study that modeled shear deformation (Becker et al.,
2008). A low viscosity asthenosphere underneath oceanic plates, which
cover a majority of the Earth’s solid surface, promotes efficient shear
alignment of LPO and formation of radial anisotropy. REM1D recovers
an abrupt dropoff in radial anisotropy below ~250 km, which is
consistent with geodynamic simulations (χ2/N = 0.18) when a olivine
creep law is used with LPO formation limited to regions dominated by
dislocation creep (Fig. 14a). This mechanism may be favored compared
to two alternatives investigated by Becker et al. (2008) - LPO formation
due to recent asthenospheric flow from only radial viscosity variations
(χ2/N = 3.38) or lateral viscosity variations with a joint dislocation and
diffusion creep law for olivine (χ2/N= 0.27). Peak anisotropy in REM1D
is slightly deeper (~125–150 km) than in STW105 that did not account
for azimuthal anisotropy, and is more consistent with all geodynamic
flow scenarios (Fig. 14a).

Seismological and geodynamic estimates of average anisotropy differ
substantially within the mantle lithosphere (24.4–80 km). REM1D de-
tects mild shear-wave anisotropy in this region (aS = 1.09–2.00 %, ξ =

1.02–1.04), which is a robust feature based on our experiments (Section
3.3). This estimate is lower than PREM (3–5 %) and substantially higher
than the negligible anisotropy in recent models like STW105 (Fig. 14a).
Moreover, compressional-wave anisotropy is high (aP = 3.31–3.39 %, ϕ
= 0.93–0.94) in the mantle lithosphere and does not scale uniformly
with shear-wave anisotropy (Fig. 13). REM1D values are broadly
consistent with path-average studies that report non-negligible amounts
of shear-wave anisotropy (aS = 2–6 %) in the mantle lithosphere across
diverse tectonic settings (e.g. Nishimura and Forsyth, 1989; Gaherty
et al., 1999a; Simons and van der Hilst, 2003; Gaherty, 2004). Geo-
dynamic flow models consistently predict lower mean anisotropy in the
mantle lithosphere than our estimates (ξ = 1.02–1.04, Fig. 14a). Due to
the small strain rates in the mantle lithosphere and other modeling as-
sumptions (e.g. LPO formation duration), simulations with the radial
viscosity scenario are almost isotropic (ξ ∼ 1) at depths shallower than
~125 km. The residual anisotropy in the mantle lithosphere may be
attributed to frozen-in LPO in oceanic or continental lithosphere (e.g.
Gaherty and Jordan, 1995; Simons and van der Hilst, 2003), or other
mechanisms (e.g. melt alignment, shape-preferred orientation SPO) that
are unaccounted for in most geodynamic simulations (e.g. Becker et al.,
2008). Our results disfavor a preponderance of stronger anisotropy in
the mantle lithosphere than the asthenosphere, a feature in some
regional studies that attribute it to seafloor spreading (e.g. Debayle and
Ricard, 2013; Lin et al., 2016).

Overall, REM1D improves estimates of average radial anisotropy
(Figs. 1 and 2) in the upper mantle by accounting for the azimuthal
dependence in surface-wave phase velocities and the non-linear effects
of the crust on wave propagation (Paper I). Majority of the reference
datasets, especially the phase velocities (or equivalent eigenfrequencies)
of fundamental-mode surface waves, can be reconciled with the pres-
ence of radial anisotropy restricted to the uppermost ~250 km of the
mantle (Section 3.3). Intrinsic anisotropy tends to reduce when certain
minerals such as olivine undergo phase transformations in the transition
zone (e.g. Mainprice, 2007). For example, ringwoodite is nearly
isotropic with a cubic structure (Weidner et al., 1984; Kiefer et al., 1997;
Sinogeikin et al., 2003), while majorite garnet and clinopyroxene either
have too weak single-crystal anisotropy or lack in mineral fraction
abundances (e.g. Sang and Bass, 2014; Pamato et al., 2016). The long-
wavelength geoid tends to prefer an increase of viscosity in the lower
mantle (e.g. Hager et al., 1985; Rudolph et al., 2020), which could be
related to a suppressed vigor of deformation, reduction in grain size and
a predominance of diffusion creep that would prevent the formation of
LPO-style textures (e.g. Dannberg et al., 2017). REM1D represents the
average structure and pervasive mechanisms, so localized features with
limited strength and lateral contiguity need to be evaluated using full
three-dimensional models. Additional factors that may be important at
regional scales include activation of other slip systems in wet olivine

under high-stress conditions (e.g. Jung and Karato, 2001; Karato et al.,
2008; Ohuchi and Irifune, 2013), influence of melt distribution on
olivine LPO (Holtzman et al., 2003; Holtzman and Kendall, 2010), or
other potential mechanisms (e.g. Greve and Savage, 2009; Faccenda
et al., 2008).

4.2. Mechanisms of attenuation

Our preferred model of bulk and shear attenuation is constructed
while accounting for the effects of physical dispersion on seismic ob-
servations (Section 3.1). REM1D provides better fits than PREM to the
new reference dataset of quality factor observations using a shear
attenuation

(
Qμ

)
model that is smooth across the 220-km discontinuity,

further validating the exclusion of this discontinuity for all physical
parameters. Peak shear attenuation with Qμ ∼ 60–80 is detected at a
depth of ~150–175 km corresponding to a mechanically weak
asthenosphere. Strong shear attenuation in the upper mantle with a peak
at ~160–175 km is also seen in three-dimensional studies of oceanic
regions (e.g. Selby and Woodhouse, 2002; Dalton et al., 2008). Previous
radial models that did not employ a detailed and smooth Qμ parame-
terization in the upper mantle nevertheless report similarly low values
(Qμ ∼ 80) at these depths (e.g Durek and Ekström, 1996; Widmer et al.,
1991). A strongly attenuating low-velocity zone with a deeper region of
higher velocities and reduced attenuation may be interpreted in terms of
solid-state mechanisms that depend on variations in temperature and
grain size without invoking the presence of partial melt or fluids (e.g.
Faul and Jackson, 2005). Such an explanation would also imply that
partial melt or fluids are likely localized in regions with very limited
extent such as beneath the mid-ocean ridges, subduction zones or back-
arc basins (Section 4.3).

We achieve good fits to quality factor observations and other refer-
ence datasets with a frequency-independent attenuation model sug-
gesting a broad absorption band for Earth materials at seismic
frequencies (Liu et al., 1976; Kanamori and Anderson, 1977). Since the
reference period of REM1D elastic structure is 1 s, the dispersion
correction is substantial for the long-period normal modes (eq. 8,
Fig. 11). Any signal of frequency dependence could manifest as large
residual variances of the long-period normal modes or as tradeoffs with
short-period body waves. While minor tradeoffs that are natural for joint
inversions are noted (Section 2.4), REM1D is able to reconcile all
reference datasets without requiring any frequency dependence in shear
dissipation (αQ = 0) for seismic waves between ~1–3200 s. Both the
quality factors and eigenfrequencies of normal modes are fit signifi-
cantly better than all radial models published to date (Table 2). Based on
current datasets in this period band, there is no apparent need to invoke
the frequency dependence of shear attenuation suggested by a few
studies (e.g. Anderson and Given, 1982; Lekic et al., 2009). Improved
estimates of these data and uncertainty bounds could be useful in dis-
entangling the signal of αQ from the depth dependence of shear atten-
uation that is recovered by REM1D. Our results on frequency
independence (αQ = 0) suggest that there could be additional dissipation
mechanisms active within our modeled period band (∼1–3200 s) that
act to suppress the mild frequency dependence (αQ = 0.2–0.4) in
background dissipation from diffusionally accommodated grain
boundary sliding (e.g. Raj, 1975). It is conceivable that only solid-state
dissipation mechanisms with additional effects of impurities, larger
grain sizes and near melting temperature are sufficient to explain both
the depth variation and frequency independence of shear attenuation in
the upper mantle (Jackson et al., 2002; Faul and Jackson, 2005; Takei
et al., 2014). Although there could be a superposition of multiple ab-
sorption peaks with individual relaxation mechanisms at seismic fre-
quencies, there needs to be at least one peak attenuationmechanism that
dominates the relaxation spectrum and is substantially more dissipative
than the monotonic high-temperature background.

Finite bulk attenuation (Qκ = 385.62) in the upper mantle (24.4–410
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km depth) provides an optimal fit to both quality factor and eigenfre-
quency measurements (Sections 3.1); ratio of bulk to shear attenuation
in this region is higher (Rq =Qμ/Qκ = 17–60%) than in the lower mantle
(~0.8 %). In contrast to the early studies of radial structure (e.g. Masters
and Gilbert, 1983), current reference datasets can place finite bulk
attenuation in the upper mantle without adopting strong a priori con-
straints on Rq (< 2 %) or prescribing no attenuation (Qκ = ∞) in the
outer core. Since the REM1D parameterization in the upper mantle
comprises a boxcar for bulk attenuation and cubic B-splines for shear
attenuation, detailed variation of these ratios should be interpreted with
caution to avoid artifacts from parameterization. However, average
ratio for the upper mantle (Rq = 35 %) is largely independent of the
parameterization choices and data limitations; this estimate is also
consistent with earlier studies that used boxcars for the parameteriza-
tion of Qκ (Durek and Ekström, 1995). While the mechanism of diffu-
sionally accommodated grain boundary sliding may be sufficient to
explain shear attenuation in the upper mantle (e.g. Raj, 1975; Faul and
Jackson, 2015), this mechanism cannot be used to explain the finite bulk
dissipation at these depths. Solid-state mechanisms could be adequate to
explain the Rq ratios in the lower mantle (e.g. Budiansky et al., 1983).
However, the increase in ratio within the upper mantle needs to be
evaluated for other microscopic dissipation mechanisms and their
dependence on the thermodynamical state (e.g. T, p, d, C, melt fraction).
Based on the current literature, our estimates of bulk attenuation and Rq
are not high enough to suggest the pervasive presence of partial melt and
water in any principal region of the Earth.

4.3. Role of the mantle transition zone

Several features of REM1D suggest that the mantle transition zone
(410–650 km) plays a unique role in mantle convection. While phase
transformations in this region can occur smoothly over a finite range of
depths and can depend strongly on bulk composition (e.g. Akaogi et al.,
1989), we are unable to fit the new reference datasets without an abrupt
step change at the discontinuities. Normal mode overtones and the SS
phase are poorly fit if absolute velocity variations change by more than
0.2 % in order to create very steep gradients that would suppress the step
changes. Moreover, a step change in shear attenuation across the 650-
km discontinuity is required by the reference datasets (Section 3.1).
Nature of this internal boundary is of great importance to geodynamics
because it can break mantle convection into two layers. The extent to
which phase transformations at both 410 and 650 km influence mantle
dynamics scales with the phase buoyancy parameter

Π =
γΔρ
gαρ2h, (19)

where γ is the Clapeyron slope, g is the acceleration due to gravity, and h
is height of the convecting mantle layer (e.g. Christensen and Yuen,
1985). Phase transformations with negative Clapeyron slopes (i.e.
endothermic reactions), such as the bridgmanite forming reaction at
650 km, tend to impede radial mass transfer, while those with positive
Clapeyron slopes (i.e. exothermic reactions), such as the olivine to
wadsleyite transformation at 410 km, tend to encourage it.

The density contrast (Δρ/ρ) across the 650-km discontinuity in
REM1D is reduced to almost half the value in PREM (Δρ = 5.3 %,
Table 4). The upper lower mantle region (650–771 km depth) acts as an
extended transition zone to accommodate yet another Δρ = 3.5 % across
a relatively thin region. Reduced and smooth density contrasts in
REM1D supports the idea that the mantle transition zone impedes but
does not completely prevent flow of mass and heat between the upper
and lower mantle (e.g. Christensen and Yuen, 1985; Tackley et al.,
1993). Such a ‘leaky’ transition zone can still impede whole-mantle
convection and result in large root-mean-square (RMS) amplitudes of
heterogeneity at these depths (e.g. Moulik and Ekström, 2014). Accu-
mulation of seismically fast and presumably cold and heavy masses have

been inferred in the transition zone beneath East Asia in both vP (e.g.
Fukao et al., 2001) and vS tomography (e.g. Ritsema et al., 2011; Moulik
and Ekström, 2014). Other subduction zones such as South America
exhibit fast anomalies that are imaged down to ~1000 km demon-
strating that some slabs are able to penetrate the 650-km discontinuity.
For a critical value of Clapeyron slope (e.g. Christensen and Yuen,
1985), this plethora of subduction scenarios is bound to be facilitated by
the reduced density contrast across the 650-km discontinuity in REM1D.

Absolute density variations informs our understanding of the role a
principal region plays in global dynamics. The density gradient is very
high in the transition zone and its properties are modeled using a
continuous linear function in REM1D. This principal region is charac-
terized by greater-than-adiabatic compression due to the phase trans-
formations of olivine to its high-pressure polymorphs. The value of
Bullen’s stratification parameter (ηB) in the REM1D transition zone de-
viates substantially from one, consistent to first order with the expec-
tations frommineral physics. However, it is unclear whether the series of
expected phase transitions is sufficient to explain radial inhomogeneity
in this region or whether radial gradients in bulk composition or changes
to the temperature gradients may also be required. If anomalous sources
of internal heating are absent, heat flux across the transition zone is
unlikely to cause large subadiabatic temperature gradients needed to
explain the large ηB values. A chemical layering and the related accu-
mulation of cold, heavy masses can also contribute to strong sub-
adiabatic density increases (e.g. Matyska and Yuen, 2002). If the limited
ponding of subducted slabs in the transition zone is considered as
representative of the ‘leaky’ mantle convection, it is unlikely that basalt
enrichment or other chemical layering in this region will persist globally
over geological timescales.

Step changes in shear attenuation across internal discontinuities can
be used to infer the physical state of the mantle transition zone. Based on
data-fit considerations, a 410-km discontinuity in Qμ was excluded but a
step change was permitted at the bottom of mantle transition zone
(Section 3.1). These features are consistent with the mineralogical ex-
pectations regarding the dominant dissipation mechanisms in a mantle
with pyrolitic composition. Large step changes of shear attenuation in
the transition zone can be disfavored since the polymorphic phase
transition from olivine to wadsleyite (~410 km) and ringwoodite
(~550 km) involve coordination changes of atomic species but not a
wholesale reordering of the unit cell structure. Moreover, experimen-
tally determined grain-boundary diffusivities are similar for the olivine
polymorphs in the transition zone (e.g. Dohmen and Milke, 2010). Since
the experimentally derived models of velocity and attenuation are likely
based on the underlying physical mechanism of grain boundary diffu-
sion (e.g. Jackson et al., 2014; Faul and Jackson, 2005), this mechanism
is unlikely to contribute to substantialQμ variations within the transition
zone. The breakdown from ringwoodite to bridgmanite at a depth of
650 km involves unit-cell scale reordering with a reset of post-reaction
grain sizes to approximately 1–20 μm (Solomatov and Reese, 2008).
An abrupt change in shear attenuation can therefore be expected at a
depth of 650 km, as is observed in REM1D (ΔQμ = 156). However, this
step change leads to fast velocities and low shear dissipation in the lower
mantle and is therefore of the opposite sign than expected due to the
process of grain size reduction alone. Smaller grains tend to decrease
seismic velocities and increase attenuation in a homogeneous region. In
order to explain REM1D features, we therefore need to modify miner-
alogical parameters across the phase boundary that can dominate or
nullify the effect of grain size reduction. Simple anelastic scaling re-
lationships suggest three parameters in the lower mantle chiefly control
Qμ: grain growth rates (faster growth yields larger equilibrium grain
sizes), anelastic activation volume (V*) (controlling the pressure or
depth dependence), and relaxation strength (ΔB) for the magnitude of
step change at 650 km. The grain growth parameters andΔB might trade
off strongly, since both determine the prefactors to an Arrhenius-type Qμ
relationship that is characteristic of diffusion-based physics. Absent new
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data on lower mantle grain growth rates, seismically-calibrated esti-
mates of mineralogical parameters are unlikely to change substantially
from those derived by Dannberg et al. (2017), since REM1D and the
attenuation model QL6 have similar magnitudes and step changes of Qμ
in the transition zone and lower mantle.

Shear attenuation (Qμ) in REM1D has implications for the presence of
small quantities of water (∼0.1 wt%) that are known to enhance
anelastic effects in the mantle (e.g. Karato and Jung, 1998; Karato, 2011;
Aizawa et al., 2008). Water in nominally anhydrous mantle minerals has
been inferred at concentrations between 0.05 and 0.2 wt% in the upper
mantle (Hirth and Kohlstedt, 1996; Hirschmann, 2006; Crowley et al.,
2011) and up to ~1 wt% in transition-zone polymorphs (e.g. Pearson
et al., 2014). While some seismological studies have reported low Qμ in
localized regions of the transition zone and interpreted the findings as an
indication of water enrichment (e.g. Fuji et al., 2010; Zhu et al., 2013),
our global inversions do not require an elevated shear attenuation at
these depths. REM1D has a smooth decrease in shear attenuation from
the upper mantle to the transition zone (Qμ = 193); lower Qμ values in
the transition zone are strongly dependent on regularization and do not
provide significant improvements in data fits (Section 3.1). Based on our
estimates of shear attenuation that are constrained well by normal-mode
overtones, the mantle transition zone is unlikely to be a uniformly hy-
drated layer (e.g. Karato, 2011), although water could be entrained

locally where subducted slabs interact with this region. Even if the
transition zone has an apparently high water solubility, actual water
distribution is only indirectly controlled by this limit and can be uni-
formly low and quite homogeneous throughout the mantle due to the
remixing of subducted water out of a ‘leaky’ transition zone (e.g.
Richard et al., 2002).

4.4. Spin transitions in the lower mantle

A transition in the electronic spin state of iron in bridgmanite and
ferropericlase is expected to occur in the central lower mantle (CLM)
based on ab initio calculations and laboratory experiments. In ferroper-
iclase, the spin transition associated with ferrous iron (Fe2+) is expected
to occur in the pressure range of p ∼ 50–90 GPa though the exact min-
eral physical estimates of its size and radial (or pressure) extent remain
debated (e.g. Badro et al., 2003; Tsuchiya et al., 2006; Wentzcovitch
et al., 2010; Badro, 2014). This spin transition is accompanied by soft-
ening (i.e. reduction) of the bulk modulus (κ) with negligible impacts on
shear modulus (μ) and density (e.g. Wentzcovitch et al., 2009; Mar-
quardt et al., 2018), which would manifest seismically as a more
discernible change in the absolute values of vP compared to other
physical parameters (eq. 4). However, there are several reasons to
expect that the seismological signatures of the spin transition may get
suppressed in amplitude and broadened out in radial extent. First, the
exact composition of the mineral assemblage (C) such as the amount of
iron (e.g. Speziale et al., 2005; Fu et al., 2018) and aluminum (Shukla
et al., 2016) is known to either shift the spin transition to higher pres-
sures or suppress its effects. Due to the known abundance of bridgmanite
in the lower mantle (~70–75 %) and its potential enrichment near the
CMB (i.e. lower Mg/Si ratio; Section 4.7), the nature of spin transition in
bridgmanite strongly influences observations. Presence of bridgmanite
can suppress the seismological signatures since the net effect of the spin
transition on its elastic properties may be small (Caracas et al., 2010)
and depends strongly on the valence (ferrous/ferric) and position of iron
in the silicate lattice structure (Badro, 2014). Second, spin transitions in
both bridgmanite and ferropericlase are strongly temperature (T)
dependent and tend to broaden with increasing temperature (e.g.
Wentzcovitch et al., 2009). Third, preference of iron for the low-spin
state is expected to produce changes in Fe–Mg partitioning between
bridgmanite and ferropericlase (Irifune et al., 2010; Badro, 2014; Piet
et al., 2016), which can modify the aggregate properties due to the
dissimilar influence of iron content on the properties of these minerals.
Overall, signatures of the spin transition may naturally be harder to
discern from the absolute properties of radial models.

Prominent spin-transition signatures can emerge in derivative
properties such as the Poisson’s ratio σP (e.g. Fu et al., 2018) and the
relative behavior of the elastic moduli (μ, κ) or the corresponding wave
speeds (vS,vP). Based on EoS expectations, gradients of the modulus ratio
(μ/κ) as a function of scaled pressure (p/κ) are expected to follow a linear
relationship in regions with uniform phase and composition (e.g. Fal-
zone and Stacey, 1980; Burakovsky et al., 2004; Kennett, 2021). The
spin crossover in the lower mantle is expected to be a smooth (second-
order) phase transition that modifies the pattern with distinct linear μ/κ
and σP segments on either side of the transition region and a complex
behavior within. Fig. 15 reports a dramatic change in the gradient of the
modulus ratio between the scaled pressure range p/κ = 0.13–0.155 in
the CLM region of REM1D. This signature consistent with spin transi-
tions is observed over a broad region in the depth range of ~1300–1700
km and at pressures between 52 and 73 GPa. Our results favor pervasive
iron spin transitions and the presence of ferropericlase in the CLM region
whose unambiguous spin-transition signatures (μ/κ, σP) may be some-
what suppressed in the aggregate properties reported by REM1D due to
different mechanisms (e.g. C, T, Fe partitioning). Moreover, lateral
variations in temperature and composition (e.g. ferropericlase content)
cannot be ruled out and calibrations are needed against 3D Earth models
to characterize the signatures of spin transitions in various tectonic

Fig. 15. Comparisons of scaled parameters sensitive to spin transitions in iron-
bearing minerals. The shear modulus (μ) and pressure (p) are both scaled by the
bulk modulus (κ) calculated using REM1D, PREM and the body-wave models
AK135 and EK137. Trends between the two parameters are fitted with a
polynomial of the form μ/κ = c - m⋅p/κ; the polynomial terms for each radial
model is provided in the legend. Between the scaled pressure range p/κ =

0.13–0.155 highlighted by a grey box, REM1D detects a change in the gradient
of modulus ratio (μ/κ) in the central lower mantle. Similar changes are also
observed in the REM1D profile of Poisson’s ratio (σP) that is provided as Sup-
plementary Fig. S7. The change in gradient occurs over a broad region in the
depth range of ~1300–1700 km and at pressures between 52 and 73 GPa. This
signature in REM1D is constrained using all reference datasets (Paper I) and is
more prominent than in several models constructed with body waves in isola-
tion (e.g. AK135, EK137). Values of the physical properties from REM1D are
listed in Supplementary Table S7.
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regions.
The gradients of derivative properties are constrained by the joint

sensitivity to elastic structure afforded by the new reference datasets and
are not dictated by the polynomial parameterization in the lower mantle
(Paper I). The vP-sensitive spheroidal overtones require REM1D to have
slightly lower vP values (~0.1 %) than PREM throughout the CLM region
(Fig. 2g). Spheroidal modes and toroidal overtones, in contrast, require
substantially stronger reductions in vS (~0.4 %) on either side of the
spin-transition region. Normal modes are able to constrain both strati-
fication (i.e. gradient) and magnitude of physical properties due to their
oscillatory sensitivity kernels (Dahlen and Tromp, 1998); an increase in
density, for example, can either have a positive or negative effect on
eigenfrequencies depending on the depth of perturbation (Supplemen-
tary Fig. S1). The contrasts between vP and vS gradients along with the
related changes in the modulus ratio (μ/κ, Fig. 15) and Poisson’s ratio
(σP, Supplementary Fig. S7) are more prominent in REM1D than past
studies that employed body waves in isolation (e.g. AK135, EK137).
Arrival times (t) of mantle waves (e.g. P, S) do not report a distinct
change in their slope dt/dΔ at epicentral distances that correspond to
bottoming depths in the spin transition region (Δ = 52◦–68◦; Fig. 8).
Since the mantle phases lack the discriminatory sensitivity to spin
transitions, a wide variety of (σP and μ/κ) gradients in body-wave
models can fit the arrival-time data equally well (Table 3) and the
mild changes in AK135 gradients within the CLM region (Kennett, 2021)
should be interpreted with caution. Overall, gradients of the elastic
properties in REM1D afford prominent and broad signatures consistent
with pervasive spin transitions that will motivate calibrations of tem-
perature and composition in the lower mantle with the emerging
mineralogical constraints.

4.5. Extent of adiabicity and large-scale homogeneity

Fig. 12 provides revised estimates of the Bullen’s stratification
parameter (ηB) from REM1D. Deviations in ηB values from one can be
attributed to the presence of thermal boundary layers, radial anisotropy
in the shallowest ~250 km of the mantle (Sections 3.3 and 4.1), and
phase or spin transitions of the constituent minerals. REM1D removes
the anomalous ηB < 1 values of PREM at the bottom of the transition
zone (600–650 km) and reports larger values in the transition zone (ηB ∼

2.2, 410–650 km) and the upper lower mantle (ηB = 1.9–2, 650–771
km). The series of expected phase transitions in the constituent minerals
of pyrolite may be sufficient to explain radial inhomogeneity in this
extended transition zone althoughminor changes in bulk composition or
entropy are possible as well (Sections 4.3 and 4.7).

Superadiabatic gradients can lead to the formation of low-velocity
zones in both the top and bottom boundary layers of mantle convec-
tion. Near the surface, conductive heat losses lead to superadiabatic
temperature gradients that dominate over any effects from changes in
bulk composition, leading to low ηB (0.65–0.75) between the Moho and
a depth of 150 km (eq. 11). Negative velocity gradient will appear
whenever the thermal gradient exceeds a critical value such that the
increase of velocity with compression is overcome by the decrease of
velocity on heating (Anderson et al., 1968; Stixrude, 2007). The critical
thermal gradient that must be exceeded for shear waves is

βS = (∂T/∂p)vS = −
(∂vS/∂p)T
(∂vS/∂T)p

. (20)

When temperature increases even more rapidly with increasing
depth, thermal expansion counteracts and can even overcome the effect
of pressure on the density, causing the density to decrease with
increasing depth. The corresponding critical gradients for density is

βρ = (∂T/∂p)ρ =
1

αKT
(21)

where KT is the isothermal bulk modulus employed in many EoS (e.g.

Murnaghan, 1944; Birch, 1952) and derived from seismic properties
(Grüneisen, 1912). Several mantle minerals follow the trend βS < βP <
βρ (e.g. Anderson et al., 1968; Stixrude, 2007), whereby a greater
threshold of temperature gradients needs to be crossed for forming low-
density than low-velocity zones.

REM1D detects the following low-velocity features with no corre-
sponding reductions in density: (i) a low-vS zone with a relatively
weaker low-vP zone in the upper mantle (Fig. 11), and (ii) a pronounced
low-velocity (i.e. both vP and vS) zone in the Dʹ́ region (Fig. 1a). Based on
a recent mineralogical compilation (Stixrude, 2007), for a mantle
comprised purely of olivine, average geothermal gradients should be less
than βρ = 10 K km− 1 in order to avoid creating a pervasive low-density
zone in the upper mantle. Absence of negative density gradients suggests
that the boundary layers are gravitationally stable and not undergoing
rapid overturning over geological timescales, except in regions of
limited geographic extent where more dense material can overlie less
dense material (e.g. mid-ocean ridges, back-arc basins). Temperature
profiles will need to be calibrated based on the following features of
REM1D: (i) revised average depths of the internal discontinuities
(Table 1) to anchor the geotherm, (ii) thermodynamical properties for
the possible bulk compositions of each principal region (Section 4.7),
and relatedly (iii) temperature gradients in the boundary layers that
exceed critical values to form the low-velocity zones. Based on a typical
formulation of average temperature perturbations in a convecting
mantle (Richter and McKenzie, 1981), REM1D structure implies that a
much larger change in temperature is expected in the lowermost mantle
than at the surface boundary. While the exact temperature contrast
between the core and mantle remains poorly constrained, our inference
on a steep temperature gradient is consistent with the large values (ΔT >

1300 K) reported by several studies (e.g. Knittle and Jeanloz, 1991;
Nimmo et al., 2004).

Based on ηB values less than 1 in earlier radial models like PREM,
superadiabaticity was suggested in the central lower mantle (771–2891
km depth, Fig. 12c). Past studies have reported that this principal region
could accommodate around 200–300 K of excess temperatures linearly
across this region on top of the adiabatic mantle geotherm (Brown and
Shankland, 1981; Anderson, 1982). In contrast, the revised density
structure and gradients in REM1D imply an apparent subadiabatic
compression (ηB ∼ 1.01–1.04) over a broad range of pressures and
temperature conditions. In order to reconcile these discrepancies,
robustness of ηB variations in the central lower mantle was evaluated
based on a priori assumptions and fits to data. This feature is recovered
from a different starting model, which assumed that the central lower
mantle follows the Adams-Williamson equation with a density at the
CMB optimized to fit Earth’s mass andmoment of inertia. We tested both
cubic and quartic polynomials for density inversions in order to evaluate
any ηB artifacts arising from the parameterization that were evident for
the core (Paper I). Similar ηB values are obtained in the central lower
mantle after two iterations irrespective of the parameterization choices.
An increase in ηB with depth affords improved (up to 4.6 times lower)
χ2/N misfits to the longest-period spheroidal fundamental modes
(0S2− 5), which are strongly sensitive to density variations in the lower
mantle (cf. Supplementary Fig. S1 in Paper I).

The apparent subadiabaticity of the lower mantle is recovered even
though we do not prescribe a priori constraints on the range of ηB based
on mineral physical considerations. For example, even in homogeneous
and adiabatic regions, an appreciable bulk attenuation can lead to a non-
adiabatic contribution to the geotherm so an apparent subadiabaticity
should anyway be a feature of the starting model (e.g. Heinz and
Jeanloz, 1983). This bulk attenuation effect is due to the internal stresses
generated from the local mismatch of the elastic moduli of neighboring
grains in a given aggregate. REM1D contains finite bulk attenuation in
the lower mantle (Qκ = 28,596) with a small yet detectable ratio of bulk
to shear dissipation (Rq = Qμ/Qκ = 0.8 %) so this effect on ηB cannot be
summarily ignored. In internally-heated and rapidly convecting
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interiors of the lower mantle, a subadiabatic geotherm can be expected
(Parmentier et al., 1994; Monnereau and Yuen, 2002), and geodynamic
simulations suggest a value of ηB ∼ 1.01 from this effect (Bunge et al.,
2001; Matyska and Yuen, 2000). Spin crossovers in the iron-bearing
ferropericlase (Section 4.4) can cause positive excursions of ηB to
~1.02 (Valencia-Cardona et al., 2017), albeit with a maximum near
1900 km depth rather than the 2741 km in REM1D. If the lowermost
~500–750 km of the mantle is enriched in silica (Section 4.7), the
related reduction in ferropericlase content will suppress or even nullify
the contribution of spin transitions to our ηB values. Subadiabatic gra-
dients may also develop as convective flows are forced to turn from
vertical to horizontal advection in the boundary layers (e.g. Mckenzie
et al., 1974; Sinha and Butler, 2007). The resulting overshoot of ηB to
subadiabatic values may be restricted to a narrow region atop the bot-
tom thermal boundary layer in a vigorously convecting mantle but may
also spread out over a broader region if internal heating is substantial
(Sinha and Butler, 2007). Lower-mantle heat flow estimates are largely
uncertain, though a substantial fraction could be from internal heating
due to radiogenic heat production (Jaupart et al., 2007; Lay et al., 2008).
Overall, bulk attenuation, spin transition, advection and internal heat-
ing cause relatively small ηB fluctuations (~0.01–0.02) in a purely
thermal convection regime with uniform bulk composition. Our ηB
values are relatively large (> 1.03) and have steep positive gradients
towards the bottom of the CLM region.

Our estimates of the Bullen’s stratification parameter can be recon-
ciled with the presence of a pervasive thermo-chemical boundary layer
in the lowermost mantle. Thermal contributions, like core heating, cause
superadiabatic temperature gradients at the bottom of the mantle and
thus the presence of a thermal boundary layer (Loper and Stacey, 1983),
which manifests as a strong monotonic reduction of ηB in the Dʹ́ region.
The lowermost ~500–750 km of the mantle is also a region where
chemically distinct material is likely to gravitationally stabilize
(Fig. 12c). This would lead to a chemical mixture of at least n = 2
components where C1 represents a constant composition throughout the
lower mantle (e.g. pyrolite) and C2 is a chemically distinct component
whose amount increases with depth (e.g. monotonic or parabolic

function) reaching its maximum at the CMB. There is however a tradeoff
between temperature and composition gradients when interpreting ηB
values (eq. 11). Chemical stratification in this region can suppress the ηB
signal of superadiabatic gradients in the bottom thermal boundary layer,
explaining the substantially larger values in the Dʹ́ region (ηB ∼

0.98–0.99) than is expected from purely thermal geodynamic simula-
tions (ηB ~ 0.8–0.9; e.g. Bunge et al., 2001; Matyska and Yuen, 2002).
The detailed thermodynamical properties of this intriguing boundary
layer are beyond the scope of this study as they would require joint
calibrations of bulk composition (e.g. n and Ci) and thermal profiles (i.e
mantle adiabat and the deviation τ) against the seismological features in
REM1D.

4.6. Lowermost mantle and the Dʹ́ region: A thermo-chemical boundary
layer

REM1D detects large deviations from PREM in the lowermost mantle
and Dʹ́ region (Fig. 2g), which have important implications for the
thermo-chemical state of this boundary layer. Based on summary
arrival-time curves and normal-mode eigenfrequencies, REM1D exhibits
uniformly slow shear- and compressional-wave velocities (up to ~1 %
relative to PREM) in the lowermost mantle with negative gradients in
the Dʹ́ region. Negative velocity gradients atop the CMB were suggested
by some early seismological studies based on PcP/P amplitudes (e.g
Buchbinder, 1968; Müller et al., 1977) and diffracted Sdiff waves (e.g
Cleary, 1969); scatter in the measurements, limited geographic coverage
and inconsistency with travel time observations prevented a robust
detection in earlier studies. The pervasive low-velocity zone in the Dʹ́

region can be reconciled with solely solid-state mechanisms and steep
temperature gradients without requiring a partially molten basal layer
(Section 4.5).

Chemical stratification in the lowermost ~500–750 km of the mantle
can be favored based on the following features in REM1D: (i) relatively
large ηB (> 1.03) with steep positive gradients till 2741-km depth fol-
lowed by an abrupt reduction to values below one (0.98–0.99) near the
CMB (Fig. 12c), (ii) very steep negative vP and vS gradients that form a

Fig. 16. Comparisons of EoS parameters in the lower mantle and outer core. Pressure derivative of bulk modulus (κʹ = dκ/dp) is derived from the radial reference
models REM1D and PREM. Based on EoS predictions for a well-mixed isochemical region, the curvature κʹ́ should remain negative over an entire pressure range,
decreasing in magnitude to zero at high pressures (p→∞). REM1D is consistent with the expectations from mineral physics in both regions except in the bottom
~500–750 km of the mantle (Sections 4.6 and 4.9). REM1D removes the positive κʹ́ in the deepest ~1000 km of the outer core that is an anomalous feature of PREM
and most body-wave studies (Section 3.4, Fig. 7). The curvature κʹ́ in REM1D becomes positive in the central lower mantle below 2135 km (p = 94–127 GPa,
highlighted by a grey box), which is a signature of the thermo-chemical boundary layer (TCBL; Section 4.6). Stacey (2005) fitted a reciprocal relationship of pre-
dicting adiabatic κ parameters to PREM structure for the lower mantle and outer core; it is shown here for comparisons but does not imply a preference for this
empirical EoS formulation. All κʹ values on the y-axis are in the S.I. unit kg/(m⋅s2⋅Pa), inner core is provided as an inset figure, and the Dʹ́ region (κʹ ∼ 1.24–1.28) is
not shown. More detailed comparisons between published models on variations in the outer core are provided in Fig. 7. Values of κʹ from REM1D are listed in
Supplementary Table S7.
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low-velocity zone in the Dʹ́ region with no corresponding reduction in
density, (iii) up to 0.5 % increase in density relative to PREM and steeper
positive gradients dρ/dz (Fig. 2g), and (iv) variations in κʹ that are
inconsistent with the expectations for EoS of a uniform composition
(Fig. 16). While a thermal boundary layer with superadiabatic gradients
may partly explain the first two features (Section 4.5), satisfying all four
requires a thermo-chemical boundary layer in the bottom~500–750 km
of the mantle.

We focus our attention in this section to the κʹ variations in the
lowermost mantle since the other features have already been discussed
(Section 4.5). In an earlier study, EoS parameters were fitted to the
PREM lower mantle by adopting an overall superadiabatic temperature
gradient (excess 200 K) in the lower mantle (i.e. related to ηB < 1 in
PREM, Fig. 12c), and a 150-km thick thermal boundary layer near the

CMB (Stacey and Davis, 2004; Stacey, 2005). The κʹ values in REM1D are
substantially lower than PREM and show similar trends as predicted by
the fitted EoS between 771 and 2000 km. Our κʹ features are not pre-
scribed during model construction and are largely the outcome of
steeper gradients and curvature in vS structure of the REM1D lower
mantle (Fig. 2g). The sign of κʹ́ is reversed and becomes positive in the
central lower mantle below 2135 km (p= 94–127 GPa), highlighted by a
grey box in Fig. 16, which is not expected for EoS of a uniform
composition. While choosing a specific EoS formulation and fitting new
thermodynamical parameters for the lower mantle are beyond the scope
of this study, a thermal boundary layer with a uniform bulk composition
cannot be reconciled with the derivative properties of REM1D.

The large temperature contrast across this boundary layer (ΔT =

TCMB - T0) results in thermal buoyancy (ΔρT = αρ0ΔT), which counter-

Fig. 17. Comparisons of REM1D with mineralogical predictions. Phase proportions (atomic fraction) of (a) pyrolite and (b) basalt as bulk composition of the entire
mantle. Shear-wave velocities are superimposed from pyrolite (blue), basalt (dashed red) and the radial reference models REM1D and PREM. Curves are repeated in
both panels to facilitate comparisons. Insets figures zoom into the (c) transition zone and (d) the lowermost mantle. Profiles of elastic parameters and density for the
two bulk compositions were calculated along an adiabat with the potential temperature of 1600 K and a superadiabatic thermal boundary layer in the lowermost 300
km of the mantle (Stixrude and Lithgow-Bertelloni, 2011, 2012), as shown in (e) along with the corresponding pressures.
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acts the chemical buoyancy arising from the intrinsic density of the
material (ΔρC = ρ0βC). Here, subscript ‘0’ denotes properties at the
reference temperature T0 (typically the room temperature), β is the
excess density of the chemically distinct material (in %), and C denotes
its concentration with depth (eq. 11; e.g. Farnetani, 1997). Depending
on the buoyancy ratio (B = ΔρC/ΔρT), a dense basal layer can stabilize
relative to the overlying/ambient mantle and act as the source region for
long-lived thermo-chemical plumes (e.g. Hansen and Yuen, 1988; Le
Bars and Davaille, 2004; Tackley, 2012). Chemical buoyancy can
dominate over thermal buoyancy in the lowermost ~500–750 km of the
mantle due to compositional gradients (Section 4.5), also supported by
the reduced thermal expansion (α) at high pressures conditions (e.g.
Chopelas and Boehler, 1992; Duffy and Ahrens, 1993; Trampert, 2004).
While estimates of B based on the REM1D density profile will require
joint thermo-chemical calibrations (Section 4.5), some first-order fea-
tures are readily apparent. A density excess in the lowermost mantle
does not afford better fits to normal mode data than REM1D in agree-
ment with Masters and Gubbins (2003). A less dense region is not re-
ported by our inversions and is also disfavored based on physical
reasons, as it would be gravitationally unstable and fail to persist as a
pervasive feature due to overturning over geological timescales. Due to
the superadiabatic temperature profile in the lowermost mantle, total
density (ρ = ρ0 - ΔρT + ΔρC) sensed by the seismic waves (e.g. longest-
period normal modes) is lower than the intrinsic chemical density of the
material. Superadiabatic temperatures will tend to suppress the seis-
mological signatures of excess density arising from the chemically
distinct components whose amounts are likely to increase with depth in
this boundary layer (Section 4.5).

The low-velocity, dense region at the bottom of the mantle lies
within the depth range where perovskite (Pv) could transform to the
high-velocity post-perovskite (pPv) in the lowermost mantle (e.g. Mur-
akami et al., 2004). If the entire lowermost mantle lay within the post-
perovskite stability field in a purely thermal regime with a homogeneous
pyrolitic composition, step changes in shear-wave velocities and density
at ~2741 kmwould be a pervasive feature. There is no apparent need for
a systematic step change based on summary arrival time curves and
mode eigenfrequencies, especially for the diffracted Pdiff and Sdiff ar-
rivals that are sensitive to structure at the bottom ~200–300 km of the
mantle. An overall reduction of velocities but not of density in the Dʹ́

region (Fig. 17d) may suggest that either the Pv-pPv phase transition is
not a global feature or its physical effects are masked by compositional
gradients in the thermo-chemical boundary layer. Other mineralogical
(e.g. Catalli et al., 2009; Grocholski et al., 2012; Houser, 2007) and
geodynamic (e.g. Nakagawa and Tackley, 2006) considerations could
also limit the geographical extent of the post-perovskite stability field.

Radial structure in the lowermost mantle can also inform our un-
derstanding of localized features in the Dʹ́ region known as ultra-low
velocity zones (ULVZs). Local waveform studies based on complexity
in body-wave arrivals have documented the occurrence of several ULVZs
in the lowermost mantle with velocity reductions in the range of 10–30
% (e.g. Thorne and Garnero, 2004; Rost et al., 2005; Cottaar and
Romanowicz, 2012; Yuan and Romanowicz, 2017). While the lateral
extent of ULVZs is debated, such localized detections are likely getting
reflected in the global average (REM1D) and a substantial portion of the
Dʹ́ region may be slower than what was inferred in previous studies.
Since our average velocities are up to ~1 % lower than PREM in the Dʹ́

region, strength of variations in localized ULVZs may need to be updated
relative to the new baseline structure. Revised amplitudes of ULVZs can
have important implications for the relative contribution of partial melt
(e.g. Williams and Garnero, 1996), iron enrichment (e.g. Buffett et al.,
2000) and the Pv-pPv phase transition (e.g. Mao et al., 2006).

4.7. Inferences on bulk composition

Both the absolute physical properties and step changes across the

internal discontinuities in REM1D provide constraints on the bulk
composition of the Earth’s interior. We employed reference datasets in
model construction that afford sensitivity to both depth integrals of
structure (e.g. surface wave dispersion, normal mode frequencies) and
the step changes across transition-zone discontinuities (e.g. body-wave
impedance contrasts). Both gradients and step changes of velocities
and density in the depth range of ~400–1000 km evolve during the
iterative inversions and are not dictated by the starting model or regu-
larization from Paper I. The tradeoff between gradients and step changes
are low due to the sensitivity afforded by normal-mode overtones and
body waves; radial variations similar to within 1 % are obtained irre-
spective of the damping that modulate step changes (γd). For compari-
sons of absolute seismic properties with those predicted by mineral
physics (Fig. 17), we use the elastic moduli as a function of pressure and
temperature calculated by Stixrude and Lithgow-Bertelloni (2011,
2012). These calculations assume either a pyrolite or basalt composition
(e.g. Workman and Hart, 2005; Xu et al., 2008), and superadiabatic
gradients in the bottom~300 km of the mantle. To first order, profiles of
absolute velocities and density in REM1D are fit well by an olivine-
dominated pyrolitic composition throughout the upper mantle and
extended transition zone down to a depth of ~800 km.

Phase transformations are highly sensitive to bulk composition and
even slight changes in mantle chemistry can dramatically change the
expected radial structure. Key seismological constraints for inferring the
mantle composition and calibrating the geotherm are gradients and step
changes of velocity and density in the mantle transition zone (410–650
km) and the upper lower mantle (650–771 km). REM1D has stronger
gradients in physical properties than PREM and ~30 % weaker imped-
ance contrast at the 650-km discontinuity (ZS = 11.6 %, Table 4). Our
results agree with mineralogical estimates of multiphase assemblages
with a pyrolitic composition from both ab initio simulations and labo-
ratory experiments (cf. Table 3 in Paper I), consistent with the inferences
in several studies (e.g. Ita and Stixrude, 1992; Gaherty et al., 1999b;
Lessing et al., 2015). The step change in density at the 650-km discon-
tinuity is reduced to almost half in REM1D (5.3 %) compared to PREM
(9.3 %); our new estimates are more consistent with the dissociation of a
high volume fraction (52–76 %) of ringwoodite in a pyrolitic composi-
tion (e.g. Yu et al., 2007). We detect a small step change in vP across the
650-km discontinuity (2.5 %), which corresponds to a negligible
contrast in bulk-sound speed (vΦ) and a small contrast (1.1 %) in the
Lamé parameter λ (Table 4). These negligible step changes at the bottom
of the transition zone are broadly consistent with a seismological study
that favored prescribing zero contrasts (i.e. %vΦ = %λ = 0; Estabrook
and Kind, 1996), and are within the bounds for Mg-rich ringwoodite
reported by ab initio calculations (e.g. %vΦ = − 0.1 ± 0.48; Yu et al.,
2007; Wentzcovitch et al., 2010). Predictions from multi-component
mineral assemblages also predict lower ZP impedance contrasts than
PREM (13.9 %) at the 650-km discontinuity (cf. Table 3 of Paper I).
Mineralogical estimates of ZP contrasts range from ~7–9 % for pyrolite
across a range of potential temperatures (1500–1700 K) (Weidner and
Wang, 2000; Xu et al., 2008; Stixrude and Lithgow-Bertelloni, 2011).
Low amplitudes of P650P that are related to low ZP impedance contrasts
have been reported in both global stacks of long-period seismograms (e.
g. Estabrook and Kind, 1996; Shearer and Flanagan, 1999) and related
vespagrams (e.g. Deuss, 2009). Some studies have claimed regional
detections of the P650P precursor over a range of depths and attributed
this to chemical variations (e.g. Deuss et al., 2006; Waszek et al., 2021);
potential localized features can be evaluated with full 3-D tomographic
models that solve jointly for velocity and the topography of disconti-
nuities (e.g. Gu et al., 2003; Moulik and Ekström, 2014, 2016).

REM1D contains steep gradients in vP, vS and density in the upper
lower mantle (ULM, 650–771 km) that are consistent with mineralogical
expectations for pyrolite (Fig. 17). In contrast, PREM reported steep
gradients in velocities without a corresponding increase in density
gradients (Fig. 2), which leads to an abrupt decrease of the Bullen’s
stratification parameter (ηB) to values below 1 in this region (Fig. 12b,
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eq. 10). Superadiabatic gradients are not expected in the ULM region
and any chemical or phase transitions will likely lead to an increase of ηB
with depth (Section 2.1, eq. 11). The ULM region is part of the extended
mantle transition zone (650–771 km) and corresponds to depths where
transitions from all upper mantle minerals (olivine, enstatite, and
garnet) to their high-pressure polymorphs (perovskite, ferropericlase,
and calcium perovskite) are completed (e.g. Stixrude and Lithgow-
Bertelloni, 2011). This feature is seen in mineralogical models as the
signature of the garnet to perovskite transition, which is gradual and
spread out over more than 100 km in depth (Weidner and Wang, 1998).
Most features in REM1D are more in agreement than PREM with a
olivine-dominated composition with a residuum comprising all other
phases (e.g. garnet, clinopyroxene) as the bulk composition in the upper
mantle and extended transition zone in agreement with several mineral
physical and petrological studies (e.g. Ita and Stixrude, 1992; Jackson
and Rigden, 1996).

Pyrolite offers a viable explanation for the REM1D structure in the
shallowest ~800 km of the mantle but not a unique one and a few dis-
crepancies seen in earlier studies persist. A component of lithologic
heterogeneity within the same aggregate bulk composition may be
required to improve the fits to our profiles of absolute velocities (e.g. Xu
et al., 2008; Stixrude and Lithgow-Bertelloni, 2012; Cammarano et al.,
2009). A relatively gradual 520-km discontinuity is predicted by
mineralogical models but was excluded from REM1D due to its highly
variable nature in regional studies (Deuss, 2009) and absence in global
stacks of reflected body waves (Gu et al., 1998). Baseline or systematic
discrepancies between REM1D andmineralogical predictions can be due
to: (i) using anharmonic moduli (infinite frequency limit) without ac-
counting for physical dispersion from our attenuation model (Section
3.1), (ii) phase transformations in pyroxene and garnet that may act to
split or suppress the olivine-dominated discontinuities (e.g. Weidner and
Wang, 2000; Saikia et al., 2008), (iii) imperfect knowledge of key
mineralogical properties like the temperature dependence of shear
modulus in lower mantle minerals (e.g. Stixrude and Lithgow-Bertelloni,
2022), or (iv) calculations along an adiabat with fixed upper mantle
potential temperature of 1600 K without exploring the parameter space
of published values that typically range from 1550 to 1670 K (e.g.
McKenzie et al., 2005; Herzberg et al., 2007; Courtier et al., 2007;
Putirka, 2008). Another discrepancy lies in velocity (but not density)
contrasts at the 410-km discontinuity, where REM1D reports ~1.5 times
lower values (vP = 2.5 %, vS = 3.4 %, Table 4) than mineralogical
predictions for pyrolite (Fig. 17, cf. Table 3 in Paper I). Enriching the
olivine-poor piclogite composition (Bass and Anderson, 1984) in various
elements (e.g. Al, Na; Gasparik, 1990; Ita and Stixrude, 1992) could
afford an alternative albeit conceptually complicated way to fit REM1D
structure.

Our comparisons do not demonstrate a strong preference towards
either depletion or enrichment in basalt atop or within the mantle
transition zone associated with subducted slabs (e.g. Xu et al., 2008; Yu
et al., 2023). Pure basalt does not predict step changes in vP, vS and
density structure at 410 and 650 km within the uncertainty bounds of
the reference datasets or the preferred estimates from REM1D (Fig. 17b,
c) so its volume fraction needs to be generally low to be consistent with
seismology. Mechanisms such as a pervasive mechanical mixture of
basalt from oceanic crust formation and its complementary residue can
explain the overall low volume fractions in this region (≪30 wt%;
Stixrude and Lithgow-Bertelloni, 2012; Yan et al., 2020). Global esti-
mates of basalt fraction may be low in this region if basalt segregation is
restricted to regions of Cenozoic subduction and the recycled basaltic
components from deeper regions are not stored due to a ‘leaky’ transi-
tion zone. Regional enrichment in basalt is possible and can be probed
with tomographic models that employ data particularly sensitive to the
transition zone (e.g. Fukao and Obayashi, 2013; Moulik and Ekström,
2014). A detailed mapping of basalt fraction in the transition zone will
require self-consistent modeling of thermodynamical and seismological
constraints.

Changes to bulk composition from the chemical stratification in the
bottom ~500–750 km of the mantle (Section 4.6) can be attributed to
various processes: (i) gradual MORB enrichment (e.g. Deschamps and
Trampert, 2004; Xie and Tackley, 2004; Nakagawa and Buffett, 2005;
Matas et al., 2007; Ricolleau et al., 2010), (ii) primordial material with
greater proportion of bridgmanite than ferropericlase (e.g. Ballmer
et al., 2017; Gülcher et al., 2020), and (iii) crystallization of a primordial
basal magma ocean (Nomura et al., 2011). The first two processes can
enrich the lowermost mantle (depth ∼ 2000 km–CMB) in silica (i.e.
lower the Mg/Si ratio) relative to a pyrolitic composition in the upper
mantle and extended transition zone (24.4–771 km). A thermo-chemical
layer with pervasive silica enrichment could reconcile the discrepancies
in silica content between pyrolite (Mg/Si ratio = 1.2–1.3) and bulk sil-
icate Earth estimates based on CI chondrites (Mg/Si ratio = 0.9–1.1),
which represent the rocky building blocks of the solar system (Hart and
Zindler, 1986; McKenzie et al., 2005; Murakami et al., 2012). Estimating
the bulk composition of such a layer is important for deriving properties
like critical gradients that help calibrate the mantle geotherm (eqs. 20
and 21). Due to the tradeoff in temperature and composition when
fitting radial models (e.g. Ita and Stixrude, 1992; Weidner and Wang,
2000; Ballmer et al., 2017; Houser et al., 2020), elucidating the exact
amount of silica enrichment and its radial distribution will benefit from
jointly optimizing the temperature and composition profiles accounting
for the pertinent features in REM1D (e.g. Sections 4.5 and 4.6).

4.8. Relation to mantle geodynamics and isotope geochemistry

We have restricted our discussion to geological interpretations that
can be informed by signatures in average seismic properties and their
derivatives (e.g. ηB, κʹ, μ/κ, σP). Elucidating the time history and relative
importance of the contributing geological processes has purposefully
been excluded. For example, processes that determine the deposition
and evolution of the pervasive thermo-chemical boundary layer in the
lowermost mantle are yet to be ascertained. The lowermost mantle is a
potential candidate for a geochemical reservoir either primordial in
origin (e.g. Labrosse et al., 2007), an outcome of the interactions with
the iron-rich outer core (e.g. Knittle and Jeanloz, 1989) or as a possible
‘graveyard’ of dense mineral assemblages sourced from the phase
transformation of subducted oceanic crust at the base of the transition
zone (e.g. Christensen and Hofmann, 1994). Relative importance of
these processes likely varies in space and time due to the inherent time-
dependence of plate tectonics and continental cycles that is not captured
by a ‘snapshot’ seismological Earth model like REM1D. Average (an)
elastic and density structure is unlikely to change abruptly over
geological timescales and is constrained using geophysical data that
have higher precision (Paper I) than mineral physics (e.g. Matas et al.,
2007; Murakami et al., 2012). Moreover, no interpretative assumptions
on bulk composition and temperature profile were adopted while con-
structing REM1D; calibration of mineralogical models and geodynamic
simulations against our average structure can therefore afford inde-
pendent first-order information (e.g. Dannberg et al., 2017). For
example, irrespective of their origin and evolution, higher-density or
chemically distinct components will tend to either gravitationally sta-
bilize or thermodynamically equilibrate at greater depths explaining
some features seen in REM1D (Sections 4.5 and 4.6).

In the preceding sections, we have discussed bulk chemical compo-
sition in terms of mineral phases or elements ignoring their isotopic
composition. While physical parameters in REM1D cannot automati-
cally discriminate between different elemental isotopes, observed sig-
natures of the thermo-chemical boundary layer are broadly consistent
with expectations from geochemistry. Geochemical observations require
extensive regions of the mantle where basaltic oceanic crust accumu-
lates, thereby depleting other regions of the mantle in these components
(e.g. Tucker et al., 2020). If we attribute lower-mantle features in
REM1D to the post-Archaean convection regime that is relatively well
constrained (e.g. Ullrich and Van der Voo, 1981; Becker et al., 2009),
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mineralogical comparisons reveal that a non-negligible amount of a
basaltic component could explain the steeper density gradients and
derivative properties (ηB, κʹ) in the lowermost mantle (Sections 4.5–4.7).
Since the transition zone structure and step changes across 410- and
650-km discontinuities do not afford a clear signature of pervasive basalt
enrichment in a ‘leaky’ transition zone (Section 4.3), the lowermost
mantle is likely to serve as the slab ‘graveyard’ that preserves the rem-
nants of oceanic crust. Several geochemical and petrological observa-
tions can be reconciled with a model of the descent, ponding and
ultimate fate of subducted slabs in the Earth’s mantle (e.g. Ringwood,
1982; Hofmann and White, 1982). Geochemical diversity of MORBs
versus OIBs can be explained by the accumulation of some basalt-
bearing subducted crust in the lowermost mantle, a likely source of
ocean island lavas (e.g. Zindler and Hart, 1986; Kellogg et al., 1999;
Hofmann, 2003). Incompatible element enrichment is characteristic of
several isotopic systems (e.g. 235/238U-232Th-206/207/208Pb, 87Rb–87Sr,
187Re–187Os and 146Sm–142Nd) that contain signatures of the recycled
oceanic crust (e.g. Shirey and Walker, 1998; Hofmann, 2003; Boyet and
Carlson, 2005), while other isotopic systems (e.g. 3He/4He, 182W, 20Ne,
40Ar, 129Xe, 100Ru) contain signatures of a primordial source of hetero-
geneity (e.g. Jackson et al., 2010; Mukhopadhyay, 2012; Touboul et al.,
2012; Peters et al., 2017; Fischer-Gödde et al., 2020). Geodynamical
simulations have reported that chemically distinct material, either pri-
mordial in origin or accrued by recent plate tectonics, can be shaped into
extensive piles or blobs of distinct composition in the lowermost mantle
(e.g. Tackley, 1998; McNamara and Zhong, 2004; Ballmer et al., 2017;
Gülcher et al., 2020), which would manifest themselves in the average
elastic and density structure.

4.9. Thermodynamical state of the core

REM1D structure is consistent with a neutrally stable, homogeneous
and adiabatic outer core characterized by the equivalent conditions
Brunt-Väisälä frequency N2=0 and Bullen’s stratification parameter
ηB=1 (Figs. 7 and 12b). We adopted a quartic (n = 4) polynomial for
density to prevent spurious interpretations of inhomogeneity or non-
adiabicity in the outer core (cf. Section 4.1.4 in Paper I). This slight
adjustment to the parameterization is sufficient to reduce the artifacts in
ηB and N2 to within the uncertainty bounds of EoS parameters. Minor
deviations of the Bullen’s parameter (∣ηB − 1∣ ≤ 0.005) are within the
uncertainties arising from numerical precision or parameterization and
should not be interpreted at this time (Paper I). REM1D reports stronger
vP and ρ gradients and up to 0.5 % lower vP than PREM in the outermost
outer core (Section 3.4, Fig. 2g). Even with the changes to vP structure,
derivative properties in REM1D (N2, ηB) remain close to the expectations
of homogeneity and adiabicity with density gradients that closely follow
the Adams-Williamson equation. Based on our modeling, there is no
apparent need to invoke a stably stratified thermal or chemical bound-
ary layer close to the ICB (e.g. Gubbins et al., 2008) or in the outermost
outer core (e.g. Lay and Young, 1990; Buffett et al., 2000). Based on
thermodynamic models of core evolution (e.g. Braginsky, 1963; Loper
and Roberts, 1977; Buffett and Seagle, 2010), lighter elements may
migrate upwards as the liquid iron alloy cools and crystallizes near the
liquidus thereby forming thin distinct layers close to the core boundaries
(CMB and ICB). REM1D is able to fit arrival times of core phases with a
smooth vP curvature in the bottom ~300 km of the outer core near the
ICB (Fig. 7a). A more dramatic reduction of velocity gradient in this
region (e.g. AK135, EK137) is not required to adequately fit the arrival
times (±0.25 s) of the different branches of PKP (Fig. 9, Table 3). If
radial inhomogeneity is indeed present, possible reasons for the null
detection in REM1D include: (i) the layer is too thin (≪ 100 km) to
influence normal modes and the propagation of body waves globally, or
(ii) the signal is subdued due to competing contributions from temper-
ature (i.e. non-adiabaticity) and composition (e.g. eq. 11). Detecting a
very thin boundary layer and disentangling thermo-chemical effects

within such a layer is beyond the scope of this study. The outer core is
perhaps the only principal region where homogeneity and adiabicity
may be expected throughout due to its very low viscosity and the
resulting well-mixed characteristics (e.g. Stevenson, 1981).

At the pressure range of 136–329 GPa within the outer core, the
range of κʹ in REM1D (3.25–3.61) and its variation (i.e. negative κʹ́ ) are
physically plausible for a well-mixed region with uniform phase and
composition (Figs. 7 and 16). Based on liquid state theory, irrespective
of the temperature profile within the outer core (i.e. adiabatic,
isothermal, intermediate), κʹ is expected to follow a linear relationship
with pressure p with a range that is consistent with REM1D values
(κʹ≃5–5.6⋅p/κ; Stevenson, 1980, 1981). In contrast, PREM and most
body-wave models contained an anomalous reversal of sign in κʹ́ at the
bottom 1000 km of the outer core (Fig. 7h), a feature that does not afford
significantly better fits to the reference datasets (Section 2.4). REM1D
does not contain the very steep velocity gradients in the lowermost
~150 km of the outer core reported by some body-wave studies (e.g.
Song and Helmberger, 1995; Zou et al., 2008), which would lead to very
abrupt changes in ηB and κʹ values (Fig. 7e,g).

EoS parameters from mineral physics can be precisely fitted to the
smooth high-order derivatives and absolute variations of REM1D due to
its modular parameterization in terms of analytical basis functions
(Section 2.2, cf. Appendix A in Paper I). REM1D has stronger vP gradi-
ents in the outer core and removes the anomalously positive κʹ́ values
near the ICB found in PREM (Figs. 7h and 16). Previous EoS parameters
based on the PREM outer core will therefore need to be re-calibrated. For
example, Stacey (2005) fitted empirical EoS to PREM structure, which
do not account explicitly for the properties of individual minerals in an
assemblage that can be characterized using laboratory experiments and
ab initio studies. The bounds on mineralogical parameters provided by
such empirical EoS are nevertheless useful for seismological compari-
sons since no calibration for the underlying bulk composition is needed.
The fitted EoS parameters based on a reciprocal κʹ relationship (Stacey,
2005) are clearly inconsistent with the steeper curvatures (i.e. larger
∣κʹ́ ∣) in the REM1D outer core. In the inner core, REM1D revises the
velocity structure (Fig. 1) and derivative properties (κʹ = 2.35–2.36,
Fig. 16) that will need to be calibrated against empirical EoS formula-
tions (e.g. Stacey and Davis, 2004) and ab initio or experimental data at
extreme conditions (p> 300 GPa; e.g. Mao et al., 1998; Laio et al., 2000;
Merkel et al., 2005). Such calculations can afford insights on the bulk
composition (i.e. phase of iron and lighter element concentrations) and
temperature profile of this remote principal region (e.g. Jephcoat and
Olson, 1987; Davies et al., 2015; Hirose et al., 2021). Fitting EoS pa-
rameters (e.g. Stacey and Davis, 2004; Cobden et al., 2009; Deschamps
and Trampert, 2004) with an appropriate formulation (e.g. Birch, 1947;
Vinet et al., 1987; Roy and Roy, 2001) may have synergistic applications
in the study of Super-Earths (e.g. Duffy et al., 2005; Seager, 2013;
Boujibar et al., 2020; Kraus et al., 2022).

5. Conclusions and outlook

While early admonitions regarding the dangers of excessive confi-
dence about the Earth’s deep interior still ring true (Birch, 1952, p. 234),
our approach leverages the tremendous progress in the geosciences over
the past few decades and undoubtedly increases the certitude of infor-
mation. While there is a growing body of evidence on lateral heteroge-
neity in most principal regions of the Earth, this study improves our
understanding of the ostensibly simpler 1D structure. While 3D tomo-
graphic models may seem like a natural and more attractive alternative
for all geological interpretations, this premise overlooks several
important issues. Features in 3D models are often influenced by the
limitations in theory or observations (e.g. ignoring anisotropy or
attenuation, excluding portions of the ~1–3200 s band) and the prior
information contained in the baseline or starting 1D model (e.g. vP/vS
ratios). We extend the technique of full spectrum tomography (FST) to
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the construction of radial models that account for the observational bias
and non-linear effects arising from heterogeneity in the crust and mantle
(Paper I). We interpret features only after REM1D has been constructed
to optimally fit the new reference datasets. Prior information from
petrology and mineral physics inform the starting model, parameteri-
zation and regularization (Paper I); however, all physical parameters are
allowed to evolve during our iterative inversions. Improvements in
theory and observations can reveal new features of the Earth that
improve geological interpretations.

REM1D is the first radial reference Earth model to constrain the
spherical average of density and (an)elastic heterogeneity using multi-
ple types of seismological and astronomic-geodetic observations. New
seismological datasets spanning three orders of magnitude in frequency
(~0.3 mHz – 1 Hz) can be reconciled with a radial model without the
need to invoke a frequency dependence of attenuation (αQ = 0). All
physical parameters in REM1D vary smoothly between the Moho and
410-km discontinuity, thereby excluding the 220-km discontinuity
imposed a priori in several models. REM1D fits all subsets of reference
datasets up to ~100 times better (i.e. lower χ2/N misfits) than all radial
models published to date. REM1D is the first anisotropic model that
predicts arrival times of major mantle and core phases in agreement
(±0.8 s, ψpb ≤ 0.25 s) with widely used but theoretically incomplete
isotropic velocity models that were optimized for earthquake location
(e.g. AK135, SP6). In practice, the effects of lateral heterogeneity on
earthquake locations cannot be captured by a single radial velocity
model even when corrections for local structure beneath the stations are
adopted. A three-dimensional model constructed using REM1D as the
baseline structure would predict the geographically unbiased arrival
times necessary for deriving locations of earthquakes and explosions (e.
g. Antolik et al., 2001).

Robust structural features necessary to fit the reference datasets are
detected everywhere in the Earth. The vP and ρ variations in the outer
core have steep gradients and the derivative properties are consistent
with a neutrally stable region comprising a well-mixed iron alloy un-
dergoing adiabatic compression (ηB ≃ 1, N2 ≃ 0, negative κʹ́ ). A strongly
attenuating

(
Qμ ∼ 60–80), low-vS zone is found at a depth of ~150–175

km corresponding to a mechanically weak asthenosphere. Substantial
anisotropy is required only in the shallowest ~250 km of the mantle
primarily due to LPO-style textures of intrinsically anisotropic grains
arising from horizontal flow. The step change in shear attenuation (ΔQμ
= 156) at the 650-discontinuity can be due to the combined effects of
unit-cell scale reordering that accompanies the breakdown of ring-
woodite and a reset of post-reaction grain sizes. Finite bulk attenuation
is detected throughout the mantle with two parameters above (Qκ =

385.62) and below the 410-km discontinuity (Qκ = 28,596). An olivine-
rich pyrolitic composition is broadly consistent with REM1D structure
and the derivative properties (ηB) in the shallow regions down to a depth
of ~800 km including the step changes at the 410- and 650-km dis-
continuities. Reduced density contrast at the 650-km discontinuity and a
smooth gradient below suggest that this extended transition zone may
act as a ‘leaky’ boundary layer for convection (e.g. Christensen and
Yuen, 1985; Tackley et al., 1993), which impedes but does not
completely prevent flow of mass and heat between the upper and lower
mantle.

Radial structure of the mantle deeper than ~800 kmmay necessitate
temperature gradients, heat flux, phase or spin transitions, thermal
boundary layers and chemical stratification. Features of the REM1D
lower mantle can be explained in terms of: (i) effects of thermally driven
convection throughout the central lower mantle (771–2741 km) leading
to an apparent subadiabaticity in ηB, (ii) effects of spin transitions in
iron-bearing minerals leading to a change in the linear gradients of μ/κ
and σP on either side of a transition region (~1300–1700 km, 52–73
GPa), (iii) a thermal boundary layer with larger superadiabatic gradients
than near the surface, which ultimately exceed the critical gradients for
both vP and vS (but not for density) at a depth of 2741 km, and (iv)

chemical stratification in the bottom ~500–750 km of the mantle that
acts to suppress the thermal effects. Several features of absolute elastic
and density variations in the lowermost mantle cannot be easily
reconciled with purely thermal variations (Section 4.6). Chemical
stratification in this region is consistent with the evidence of denser-
than-average heterogeneity (~1 % peak-to-peak anomalies) roughly
coincident with the large-scale slow-velocity superplumes beneath the
Pacific Ocean and Africa from full-spectrum tomography (Moulik and
Ekström, 2016), which has been substantiated by a sensitivity analysis of
solid Earth tides (Lau et al., 2017). Density structure can afford the
clearest signature of thermo-chemical variations but early normal-mode
studies were inconclusive (Ishii and Tromp, 1999; Resovsky and Ritz-
woller, 1999; Masters et al., 2000a; Kuo and Romanowicz, 2002).
Recent advancements are due to techniques that can invert diverse ob-
servations to reduce inter-parameter tradeoffs (e.g. FST; Moulik and
Ekström, 2016), new measurements of density-sensitive longest-period
normal modes (e.g. 0S2 at ~3200 s; Häfner andWidmer-Schnidrig, 2013;
Deuss et al., 2013), and theory to express solid Earth tides with this
dominant mode of deformation (~95 % 0S2 contribution; Lau et al.,
2015). Suggestions of purely thermal variations in the lowermost mantle
(e.g. Davies et al., 2012; Schuberth et al., 2012) are not consistent with
the emerging information on both radial structure and lateral
heterogeneity.

A confluence of methods and observations will be necessary for
disentangling the relative contributions of different processes to the
formation and evolution of the Earth’s interior. REM1D provides revised
estimates of average properties in a heterogeneous Earth and serves as
the update of the preliminary reference Earth model (PREM; Dziewoński
and Anderson, 1981). Our interpretations are a synthesis of results from
rapidly evolving areas of research that will afford new insights in the
future. Potential micro-physical mechanisms need to be investigated
that explain the bulk and shear attenuation profiles in REM1D with a
spectrum of relaxation times or a superposition of energy dissipation
mechanisms. Calibrations against REM1D structure and derivative
properties (e.g. ηB, κʹ, μ/κ, σP) can improve the certitude and scope of
interpretations. Revised core structure may be well suited for EoS
studies since it removes past artifacts due to parameterization and im-
proves the overall consistency with mineral physics. Chemical stratifi-
cation and lateral heterogeneity in the mantle will amplify the
uncertainties in thermodynamical properties; joint calibrations of the
temperature profile (Section 4.5) and bulk chemical composition
(Section 4.7) may prove inevitable in some regions. Realistic uncertainty
estimates of seismological properties will be crucial for (in)validation of
predictions from mineral physics and geodynamics. Geological in-
terpretations can naturally be refined with a full three-dimensional
reference Earth model (REM3D) that builds on this work. REM1D is
readily extendable due to its modular construction and accounts for the
effects of lateral heterogeneity on radial structure, features critical to
these geophysical, geochemical and petrological applications.
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